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The Chesapeake Bay and its watershed suffer from varying degrees of water quality 

issues fueled by both point and non–point nutrient sources. Methodological limitations 

on source tracking and identification of the specific phosphorus (P) pools that can be 

biologically cycled (or remain recalcitrant) in both the short and long terms are the 

major obstacles preventing accurate assessment of the nutrient loads that could impact 

water quality. This research utilized phosphate oxygen isotope ratios, mineralogical 

(XRD and micro-XRD), microscopic (SEM), elemental, and spectroscopic (31P NMR 

and 57Fe Mössbauer) methods to characterize P speciation and investigate  

mechanisms and pathways of P transformations in the Chesapeake Bay and its 

watershed.   

In an agricultural soil, short-term transformation of externally applied P to a 

less or non-bioavailable P pool was tracked by using 18O labeled phosphate. This 

enabled identification of sources and precipitation pathways of acid extractable P 

pools. In East Creek, a tidal tributary of the Chesapeake Bay, impact of P loading 

primarily from agricultural runoff was reflected on the pathways and intensity of P 

cycling: both input flux higher than microbial cycling and remineralization 

(degradation of organic P) contributed to higher pore water Pi in the headwater region. 

In the wetland region, on the other hand, porewater Pi was completed cycled. In the 

Chesapeake Bay sediments, ferric Fe-bound and authigenic P pools were the two 

major P sinks, regardless of bottom water hypoxia. Regeneration of Pi from organic 

matter degradation was found to be the predominant, if not sole, pathway for 
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 xviii 

authigenic P precipitation. Overall, this work generated new insights into the sources, 

stability, and transformations of various P pools in soils, waters, and sediments under 

different biogeochemical conditions. These findings are expected to be useful to 

watershed nutrient management plans as well as to widen source- and pathway- based 

research in the Chesapeake Bay and other watersheds.  



 1 

INTRODUCTION AND RESEARCH OBJECTIVES 

1.1 Chesapeake Bay and its water quality issues 

The Chesapeake Bay is located in the Mid Atlantic coastal region of the United 

States. It is the largest estuary in the United States, spans approximately 320 km in 

length, and ranges from 5 to 55 km in width (CBF, 2016). The maximum water depth 

is > 45 m with an average depth of 10 m (CBP, 2012). The Chesapeake Bay watershed 

covers a total area of about 166,000 km2 that including portions of Maryland, 

Pennsylvania, Virginia, West Virginia, Delaware, New York, and the District of 

Columbia (Fig 1.1) and is populated by ~17 million people. The major land uses in the 

watershed are forest (60%) and agriculture (28%) and remaining land uses include 

residential (4%), water (4%), wetland (3%), and barren land (1%). The five major 

rivers (Susquehanna, Potomac, Rappahannock, York, and James) discharge about 90% 

of the total fresh water to the bay (CBP, 2012). The watershed provides habitat to 

more than 2,700 species of plants and animals. The tidal wetlands also provide shelter 

and habitat for fish, birds, crabs, and many other species.  

  The Chesapeake Bay is one of the most biologically productive estuaries in 

the United States (Babbin and Ward, 2013). In the mesohaline region of Chesapeake 

Bay, mean summer productivity can exceed 4 g C m-2 day-1 (Malone, 1991). The 

relatively high primary productivity in the bay is associated with riverine discharge of 

nutrients from both point and non-point sources (Boesch et al., 2001). Every year, the 

bay receives an estimated 9.74  106 kg of phosphorus (P) and 1.32  108 kg of 
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nitrogen (N) from its watershed, mainly through the Susquehanna and Potomac Rivers 

(Ator et al., 2011). Increased nutrient levels in the bay have several environmental 

impacts including increased algal blooms and turbidity and decreased dissolved 

oxygen, submerged aquatic vegetation, and fishery production. During high 

productive seasons, decomposition of organic matter (primarily biomass from primary 

producers) in the water column and sediments consumes oxygen leading to periodic 

and sustained hypoxic (<2.0 mg O2 L
-1) or anoxic (<0.2 mg O2 L

-1) conditions. These 

water quality issues impact both the environment and economy in the region. 

 

Figure 1.1 Map of the Chesapeake Bay watershed (Andrews, 2008). 
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Hypoxia in the Chesapeake Bay dates back to 1950s (Hagy et al., 2004). While 

research on the cause and extent of hypoxia has been conducted since then, 

interactions between physical and biological processes and their roles in spatial and 

seasonal development of hypoxia are not well known (Kemp et al., 1992; Boynton & 

Kemp, 2000). For example, early summer hypoxia in the bottom water is strongly 

correlated with physical processes such as allochthonous nutrient input, freshwater 

inflow, and stratification strength (Boynton et al., 1990; Boynton & Kemp, 2000; 

Hagy et al., 2004; Murphy et al., 2011). However, late summer hypoxia is found to be 

related to eutrophication and is fueled by autochthonous (recycled) nutrients (Boynton 

et al., 1990; Testa & Kemp, 2012). Interestingly, the monthly mean ratio (1985‒2010) 

of dissolved inorganic nitrogen to phosphorus (DIN:DIP) in the bay is higher than the 

Redfield ratio (i.e., 16 for N/P) in all seasons except mid-summer (Fig 1.2) (Prasad et 

al., 2010). This indicates that P is the limiting nutrient for early summer 

eutrophication. Therefore, a better understanding of P sources and cycling in the bay 

and its watershed could provide much sought-after information on how P contributes 

to the bay water quality. 

 

Figure 1.2 Change in DIN:DIP ratio during early spring and late spring eutrophication 

in the Chesapeake Bay (Prasad et al., 2010). 
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1.1.1 Sources of phosphorus in the Chesapeake Bay  

Several point and nonpoint sources supply P to the Chesapeake Bay. Point 

sources include primarily municipal waste water treatment plants and industrial 

sources while nonpoint sources include agricultural farms, soils, and other geological 

sources (Ator et al., 2011). Quantification of P sources and their temporal and spatial 

variations provides key information useful to prepare and implement management 

practices to improve the bay water quality. In one such attempt to quantify P mass 

flux, Boynton et al. (1995) integrated data on P inputs, outputs, and recycling and 

subsequently developed a total phosphorus (TP) budget for the entire bay (Fig 1.3). 

Based on this budget combined inputs from point and diffuse sources account for ~ 

68% TP, and interestingly this mass balance calculation indicate net import ~ 27% of 

TP from the ocean to the Bay. Phosphorus loss through sediment burial was the 

primary sink (94%) and exceeded terrestrial and atmospheric inputs (Boynton et al., 

1995).  However, sediments serve not only as a P sink, but also as a P source as P may 

be released into the water column, especially under hypoxic or anoxic conditions in 

the bottom water or sediment column. In fact, the remobilization of P was estimated to 

comprise 25 to 30% up to even >100% in the Bay (Cornwell et al., 1996; Anschutz et 

al., 1998). 
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Figure 1.3 P budget in the Chesapeake Bay (after Boynton et al., 1995). 

1.1.2 Phosphorus cycling in agricultural soils 

Understanding of P cycling in soils is not straightforward due to complex 

interactions and transformations among multiple P species and biotic and abiotic 

processes (Frossard et al., 2011), the intensity of these processes varies both in space 

and time  (Fig 1.4). Plant and microbial uptake of P are two dominant biological 

processes that control soil P concentration. In addition, abiotic processes such as 

sorption of P onto Al and Fe oxides and precipitation as Ca-P minerals readily 

decrease available P in soils (Griffin et al., 2003). Fertilizer application and plant 

uptake affect P dynamics in agricultural soils. For example, continuous cropping 

without external P input decreases bioavailable P pools in soils (Olsen et al., 1954) 

and may provoke transfer of P from relatively recalcitrant P pools to labile pools and 

transformation of organic P (Po) into inorganic P (Pi) to replenish bioavailable P pools. 

On the other hand, if fertilizers or animal wastes are continuously applied, 

bioavailable P could be maintained at sufficient (or excess) levels for plant needs. For 
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example, soil solution P concentration could reach as high as ~30 µmol L-1 in 

fertilized soils (Pierzynski, 1991). The excess P, primarily bioavailable P, may 

eventually transform into moderately available to unavailable recalcitrant and residual 

P pools (Barrow, 1984). Over time, recalcitrant and residual P may continue to build 

up in soils (Lahmen et al., 2005; Read et al., 1977). Thus, understanding the processes 

that promote the build-up of recalcitrant/residual P pools and distribution of 

bioavailable P pools in soils provides information useful to identify the fate of applied 

P in soils as well as to optimize fertilizer application. 

 

Figure 1.4 P cycling in soil-plant system (Frossard et al., 2011). 
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1.1.3 Phosphorus cycling in sediments 

Sediment plays important role in the overall nutrient dynamics of shallow 

water such as Bay (Kemp & Boynton, 1984). P flux calculations at the bay show that 

sedimentary P release, primarily in summer months, contributes a major internal P 

load to the water column (Boynton et al., 1990, 1995; Cowan & Boynton, 1996; Testa 

& Kemp, 2012) and supplies a significant portion of phytoplankton P demand (Koop 

et al., 1990; Cowan & Boynton, 1996). Sediment P processes in the bay are controlled 

by several factors including nutrient loading, bottom water oxygen concentration, 

quality and quantity of organic matter, and temperature (Kemp & Boynton, 1984; 

Cowan & Boynton, 1996; Testa & Kemp, 2012). For example, sediment P flux is 

inversely related to the degree of nutrient loading from fresh water and bottom water 

oxygen concentration (Kemp & Boynton, 1984; Boynton et al., 1990).  

Because of differential reactivity of sedimentary P pools in response to 

changing biogeochemical conditions, P speciation can provide important insights on 

the fate and cycling of P in sediment. Sequential extraction is the most commonly used 

method to separate sedimentary P pools and have been used to develop qualitative 

understanding on the selective mobilization or remineralization of a particular P pool. 

The SEDEX method, originally developed by Ruttenburg (1992) to determine P 

concentrations in operationally-defined sediment P pools, is widely used in marine 

sediments (Ruttenberg, 1992; Ruttenberg & Berner, 1993; Jaisi & Blake, 2010). 

Application of the SEDEX method has enabled identification of ferric Fe-bound P as 

the predominant P pool in the Patuxent River estuary, which may undergo internal 

cycling in anoxic sediments (Jordan et al., 2008). The SEDEX method, in combination 

with phosphate oxygen isotope ratios (δ18OP), has recently been used to trace sources 

and biogeochemical processes within the sediment column in Peru Margin (Jaisi & 
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Blake, 2010) and allowed identification of three generations of authigenic phosphates 

coexisting in the sediments. 

1.2 Research objectives  

This dissertation includes five research objectives aimed to investigate 

biogeochemical cycling of P in the Chesapeake Bay and its watershed. Major research 

objectives and the key questions addressed in each chapter are listed below: 

Objective 1. To identify transformation of P pools in an agricultural soil 

I. How do soil P pools vary in response to external application of P and 

plant uptake?  

II. What mechanisms control the transformation of available P into non-

available P over time? 

III. Can phosphate oxygen isotopic ratios be used to identify the pathways 

of P transformation? 

Objective 2. To identify the sources and mechanisms of formation of acid 

extractable P pools in an agricultural soil 

I. What are the sources of acid extractable P pools?  

II. What are the pathways and mechanisms forming acid extractable P 

pools?  

Objective 3. To understand the impact of P loading on the pathways of P cycling in 

creek sediment in a watershed dominated by agricultural runoff  

I. What is the impact of P loading on P speciation in water column and 

sediment P pools?  

II. What are the differences in the pathways of P cycling in the headwater 

dominated by agricultural runoff and a wetland at the mouth of a creek?  
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Objective 4. To identify the relative importance of remineralization (i.e., coupled 

C-P cycling) versus remobilization (i.e., coupled Fe-P cycling) pathways for the 

precipitation of authigenic apatite P in the Chesapeake Bay 

I. What are the sources of P that precipitate into authigenic P in mid-Bay 

sediments under the seasonally hypoxic bottom water? 

II. What factors control the degree of remineralization or remobilization in 

the sediments? 

Objective 5. To determine the relative dominance of coupled Fe-P cycling and C-P 

cycling pathways in sediments in response to bottom water hypoxia in the 

Chesapeake Bay   

I. How does bottom water hypoxia impact redistribution of P pools in 

sediments?  

II. Can ferric iron P and authigenic P pools retain their source signatures 

in the sediments? 
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TRANSFORMATION OF PHOSPHORUS POOLS IN AN AGRICULTURAL 

SOIL: AN APPLICATION OF OXYGEN-18 LABELING IN PHOSPHATE 

2.1 Abstract 

Phosphorus is a key ingredient for fertilizers, and there is no other substitute 

for P in sustaining life and food production. Excess P in soils may be fixed and 

become agronomically inactive or removed because of leaching and soil erosion. In 

this research, we aimed to explore how a particular P pool transforms into another 

pool by using 18O labeled phosphate in an agricultural soil. We analyzed the changes 

in concentrations and oxygen isotope ratios (δ18OP) of four inorganic (Pi) pools (H2O, 

NaHCO3, NaOH, and HCl) along with soil chemistry to understand the roles of 

different biogeochemical processes changing isotopic composition. By monitoring 

δ18OP values of four P pools, an active transformation from H2O-Pi and NaHCO3-Pi to 

NaOH-Pi and HCl-Pi was identified. Transformation of originally bioavailable P to 

unavailable P such as HCl-Pi allow us to conclude that a suite of HCl-Pi with different 

δ18OP values could be precipitated from the originally cycled or bioavailable P pools. 

Thus, isotope technique allowed tracking of short-term transformation of readily 

bioavailable P to a less or non-bioavailable P pool and to discriminate biological and 

chemical reactions during transformation. These findings support the burgeoning 

applications of δ18OP as a tracer of P cycling in soil and are expected to be useful for 

fertilizer application as well as nutrient management in soils. 

Chapter 2 
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2.2 Introduction 

Phosphorus is one of the most essential macronutrients for all living beings. 

Despite its occurrence at ~0.09 wt. % in Earth’s crust and being a non-renewable 

resource, P is a sole source of fertilizer for food production. Increasing global demand 

for P after the agricultural revolution has rapidly depleted P reserves on the Earth 

(Cordell et al., 2009). By virtue of P chemistry, it mostly remains as sorbed (or 

occluded) species in soil, thus limiting the ability of plants to uptake all P applied to 

soil. This process results in the build-up of P in soil as “recalcitrant P” (extractable P 

by reagents used in sequential extraction but not directly bioavailable) and “residual 

P” (nonextractable P by sequential extraction reagents) pools that are not available for 

plants (Read et al., 1977). Researchers have claimed that long-term recovery of P 

applied to soils may be as high as 90%, assuming that fixed P in the soil may change 

slowly into available forms (Syers et al., 2008). However, this scenario may be less 

applicable to agricultural soils where fertilizers and animal wastes are constantly 

added, often beyond crop P uptake levels. In these soils, the concentrations of 

available P pools do not decrease to the level that promotes release of P from residual 

or recalcitrant P pools. 

Phosphorus dynamics in soils are controlled to a significant extent by the 

complex interactions among competing biotic and abiotic reactions and processes. 

Sequential chemical extraction methods have long been used to differentiate 

operationally discrete P pools in soils such as bioavailable and recalcitrant P pools, 

and determine supplemental P requirements for plants (Chang & Jackson, 1957; 

Shelton & Coleman, 1968; Hedley et al., 1982; Tiessen et al., 1984; He et al., 2012). 

The most commonly used sequential extraction method developed by Hedley et al. 

(1982), separates soil P pools into H2O-Pi, NaHCO3-Pi, NaOH-Pi, and HCl-Pi (Hedley 
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et al., 1982; Tiessen et al., 1984; Negassa & Leinweber, 2009). Among these pools, 

H2O-Pi and NaHCO3-Pi are considered bioavailable (Olsen et al., 1954; Bowman et 

al., 1978; Tiessen et al., 1983), but NaOH-Pi can be moderately bioavailable in the 

long-term or unavailable depending on relative P concentrations in different P pools 

and efficiency of specific plants to take up NaOH-Pi (Tiessen et al., 1983; Sharpley, 

1985; Zhang & MacKenzie, 1997). The HCl-Pi pool is not directly bioavailable, at 

least for crop plants. There are, however, several indirect mechanisms that plant roots 

may act on to dissolve and thus access HCl-Pi, for example by manipulating specific 

microorganisms on their roots or through induction of metabolic processes such as P 

starvation-induced organic acid production (Guo et al., 2000; Richardson, 2001; Khan 

& Joergensen, 2009; Richardson & Simpson, 2011). The extent to which these 

mechanisms operate in agricultural soils and mobilize non-bioavailable P is expected 

to be low or insignificant, particularly due to application of fertilizers and manures 

often in excess of plant needs. 

Phosphate O isotope ratios (δ18OP) have increasingly been applied to 

understand the physicochemical and biological pathways of P cycling and fate of P in 

agricultural and non-agricultural soils (Larsen et al., 1989; Johansen et al., 1990; 

Zohar et al., 2010; Angert et al., 2012; Tamburini et al., 2012). In biological systems, 

rapid O isotope exchange between water and phosphate results in an equilibrium 

isotopic composition controlled by ambient water O isotope ratios (δ18Ow) and 

temperature (Longinelli & Nuti, 1973; Blake et al., 1997; Paytan et al., 2002; Jaisi et 

al., 2010; Jaisi & Blake, 2010; Joshi et al., 2015). However, in abiotic systems isotope 

exchange between water and phosphate, including sorption, desorption, mineral 

transformation, and subsurface transport is negligible at low temperature (<70ºC) and 
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circumneutral pH (Lecuyer et al., 1999; O’Neil et al., 2003; Jaisi et al., 2010; Jaisi, 

2013; Li & Jaisi, 2015). These fundamentally distinct properties of δ18Op in abiotic 

and biotic reactions provide the potential means to apply this as a tracer to study 

complex P interactions between abiotic and biotic processes in soils and other 

environments. 

The 18O-enrichment as well as natural abundance studies have greatly helped 

to elucidate the roles of microbial cycling in different soil P pools (Larsen et al., 1989; 

Johansen et al., 1990; Zohar et al., 2010; Weiner et al., 2011; Angert et al., 2011). 

Laboratory synthesized 18O-labeled Pi has been used to identify the changes in δ18OP 

during biological cycling at the interface and to develop indirect proxies for microbial 

activity (Jaisi et al., 2011; Stout et al., 2014). Sequential extraction of P pools and 

measurement of their corresponding δ18OP values in sediments (Jaisi & Blake, 2010) 

and soils (Zohar et al., 2010; Tamburini et al., 2012; Amelung et al., 2015) have 

enabled identification of sources as well as biogeochemical processes for the 

formation of specific P pool. Overall, these studies have provided enough evidence for 

successful application of isotope tools to differentiate P pools in soils. The objectives 

of this research, therefore, are to develop a mechanistic understanding of (i) the 

formation of fixed P (Fe- and Al- oxide-bound P pool and precipitated P as Ca-apatite) 

and ii) the interplay of biotic and abiotic reactions involved in soil P cycling, and (iii) 

investigate potential routes of precipitation of HCl-Pi with a range of isotope 

compositions. To realize these objectives, we applied 18O labeled Pi in soil and tracked 

O-isotope compositions of different Pi pools with time. Our results show a rapid but 

step-wise P transformation in soil that eventually converts originally bioavailable P 

into unavailable Ca-P minerals. 
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2.3 Materials and methods 

2.3.1 Site description and soil characterization 

The site selected for 18O labeled Pi tracer study was the Agricultural 

Experiment Station in Newark, DE (latitude 39° 40' N longitude 75° 45' W) at the 

University of Delaware. This site is located on the Piedmont Plateau and the dominant 

soil order is Ultisol (8090%) (Pautler & Sims, 2000). It has been used for corn (Zea 

mays L.) and soybean [Glycine max (L.) Merr.] fertility research for decades and has 

always received phosphate fertilizer (~200 kg ha-1). It is chisel ploughed (~30 cm 

depth) every year before the start of a growing season.  The water table is about ≥0.5 

m below the ground surface and therefore the major part of biologically active soil 

remains mostly unsaturated. It is drip irrigated, as needed, during the growing season. 

The site receives an annual rainfall of ~120 cm, which in general, is spread evenly 

throughout the months, and average topsoil temperature in the cold winter months is 2 

± 1°C and in the warm summer months 23 ± 2°C (Delaware Environmental Observing 

System, 2014). 

To quantify Pi pools and their corresponding isotopic compositions in the soil 

after application of 18O labeled P, soil cores were collected at the start, middle, and 

end of the experiment using a Hoffer soil sampler (2.54 cm i.d.) at an interval of 2 cm 

up to a total depth of 80 to 125 cm. The control plot that did not receive 18O labeled P 

was sampled before and at the end of the experiment at an interval of 7.5 cm. No other 

fertilizers were applied to either of the field plots. We took three to four soil cores at 

each sampling time and combined core slices sectioned from the same depth intervals. 

A fraction of the core was put inside an airtight tube immediately after slicing to 

extract soil pore water for measurement of water O isotope ratios (δ18Ow). Soil 



 18 

temperature was measured by inserting a stem thermometer at selected soil depths into 

intact soil. The collected soil cores were freeze dried, ground thoroughly, and size 

separated (<200 µm) and then analyzed for physical and chemical properties. This 

included the grain size distribution, pH, organic C content, Mehlich-3 P, total P, and 

concentrations of elements that are relevant to P cycling (Fe, Al, and Ca) (Table 2.1). 

We used Mehlich-3, a widely used soil test method in agronomy particularly to 

identify P requirements for optimum crop yield, to compare results obtained from 

sequential extraction. Mehlich-3 extraction reagents included 0.2 mol L-1 CH3COOH, 

0.25 mol L-1 NH4NO3, 0.015 mol L-1 NH4F, 0.013 mol L-1 HNO3, and 0.001 mol L-1 

ethylenediaminetetraacetic acid (Mehlich, 1984). Pristine soil (before sequential 

extraction) as well as residual soil after the last step of sequential extraction (i.e. after 

1 mol L-1 HCl treatment) were dissolved using microwave digestion to identify total 

and residual P and other elements that are relevant for P cycling (Fe, Al, and Ca) 

(Table 2.2). The concentrations of P and these elements in solution were measured by 

using inductively coupled plasma emission spectrometry. 

2.3.2 Application of 18O labeled phosphate and soil sampling 

The 18O-labeled Pi was synthesized by reacting PCl5 (Sigma- Aldrich) with 18O 

labeled water (Melby et al., 2011; Stout et al., 2014). After synthesis, the Pi 

concentration of the solution was diluted (to 250 µmol L-1) and pH was neutralized 

(pH 6.6) to be the same as the field soil pH. A calibrated fixed spray nozzle was used 

to apply labeled Pi (38.0‰) on a rectangular area (4.6 by 1.8 m) at the rate of ~110 kg 

ha-1, a rate within the ranges of fertilization practices being used in the region. Soil 

samples were collected, as above six different times (4, 18, 31, 64, 96, and 155 d), 
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chosen based on the rate of isotope exchange identified from the pilot experiment in 

the same field. The soil cores were processed using the method described above. 

Table 2.1 Physical and Chemical properties of soils collected from four depths. 

 
¥ Soil pH values were measured at a 1:1 soil/water ratio 
§ Total P was measured after microwave digestion of soil by using inductively coupled plasma optical    emission spectrometry. 

¶ Mean ± standard deviation 

2.3.3 Extraction of soil phosphate pools 

To differentiate and quantify four different P pools (H2O-Pi, NaHCO3-Pi, 

NaOH-Pi, and HCl-Pi) in the control and experimental soils, we applied the sequential 

extraction technique originally developed by Hedley et al. (1982) and revised by 

Tiessen et al. (1984) with slight modifications. Our modifications were aimed at 

restricting the redistribution of extracted P onto residual solid surfaces. This included 

additional extraction steps with 0.5 mol L-1 NaHCO3 and/or H2O after a particular 

reagent was used for extracting targeted P pool (analogous to the method of 

Ruttenberg, 1992) . The concentration of Pi in each pool that are relevant for P cycling 

was measured by using the phosphomolybdate blue method (Murphy & Riley, 1962). 

Total P was measured after persulfate digestion (Rowland & Haygarth, 1997), and the 

organic P (Po) was calculated as the difference between TP and Pi. Extracted 

Depth pH
¥ Density Total P

§
M3-P

¶ OM Sand Silt Clay

cm g cm
-3

0-7.5 6.3 1.03 914.35 ±0.03
ⱡ 212.71 ±0.30 2.5 15 61 24

22.5-30 6.3 1.17 692.62 ±0.03 142.73 ±0.02 1.7 13 59 28

37.5-45 5.7 1.08 469.1 ±0.01 48.96 ±0.01 1.4 9 61 30

75-82.5 5.3 1.09 488.27 ±0.05 74.36 ±0.05 1.4 11 57 32

mg kg
-1

%
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supernatants for a particular P pool were then combined and stored at 4°C before 

processing and purification for Ag3PO4 precipitation. 

Table 2.2 Elemental concentration of P, Fe, Al, and Ca in soils at different depths 

measured by inductively coupled plasma optical emission spectrometry 

before and after sequential extraction.  

 

2.3.4 Sample purification and measurement of phosphate oxygen isotope ratios 

All P pools were further processed to remove contaminants and concentrate the 

Pi before being converted to Ag3PO4 for isotope analyses. Given that different P pools 

contain a variable amount of Po, particularly in NaHCO3 (8‒27%) and NaOH (12‒

30%) extractions (Table 2.3), Po has to be removed because any hydrolysis of Po 

compounds incorporates the light water O-isotope with negative fractionation factors 

(Liang & Blake, 2006, 2009) in the released Pi and thus compromises the original Pi 

O-isotope signature. Hence, we used non-ionic, macro-porous DAX 8 Superlite resin 

P Fe Al Ca P Fe Al Ca

cm

0-2 1013 16841 16425 1240 180 11603 8135 142

2-4 883 16400 12222 1264 205 12967 7875 145

4-6 824 16317 14360 1081 213 13359 9701 155

8-10 849 17502 13957 1115 213 13274 11948 201

10-12 868 17553 16573 1152 197 12544 8992 143

14-16 918 18814 20728 1289 237 15848 12707 199

36-38 369 23352 17308 713 195 18346 13176 170

56-58 329 24164 19233 775 170 17667 10074 110

74-76 347 25977 21015 834 174 17387 11310 122

Depth

Total amount
§

mg kg
-1

mg kg
-1

Before extraction After extraction
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to remove dissolved organic matter (Tamburini et al., 2010). The DAX resin is 

moderately polar and is good for separation and removal of surfactants, fulvic and 

humic acids, and other hydrophobic organic compounds with molecular weight up to 

150,000. Soil extracts from shallow depths required two DAX resin treatments. In 

selected samples, we measured TP and Pi (by colorimetry) before and after resin 

treatment to compare the efficiency of DAX resin to trap organic matter as well as to 

identify any Pi loss (Table 2.3). The clear solution thus produced was further 

processed to reduce its volume and to concentrate Pi by the magnesium induced co-

precipitation (MagIC) method (Karl & Tien, 1992). It was important to generate finely 

dispersed Mg(OH)2 colloids to maximize trapping Pi in MagIC and to maintain 

homogeneous dispersion of colloids throughout the reaction. The MagIC suspension 

was centrifuged and pellets were separated. We measured the concentration of Pi in 

the residual supernatant after a 1.0 to 1.5 log order decrease in volume (by 

evaporation) to ensure removal of Pi by MagIC. The MagIC pellets were dissolved in 

0.5 mol L-1 HNO3 by vortexing the mixture before and right after the addition of acid 

to maximize the dissolution and to minimize time action of acid. In selected samples, 

we used 18O-spiked acid to test residual Po hydrolysis during MagIC pellet dissolution. 

The dissolved solution from selected pools (NaHCO3-P and NaOH-P pools) was 

passed one more time through DAX 8 resin to trap residual organic compounds. 

Precipitation of ammonium phosphomolybdate (APM) and subsequent steps 

followed the methods described in Jaisi and Blake (2010, 2014) and were finally 

precipitated as Ag3PO4, the ultimate analyte for O isotope measurement. For this step, 

MagIC dissolved samples were evaporated to attain final concentration of ~500 to 

1000 mol L-1 before APM precipitation. The acidic APM precipitation allowed 
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removing contaminants that are soluble in low pH. Precipitates were removed, 

washed, dissolved, and precipitated as magnesium ammonium phosphate (MAP) at 

high pH, where contaminants soluble at high pH were washed off. The MAP crystals 

were then dissolved, pH neutralized, and further treated with a cation resin to remove 

cations. A separate P standard and a replicate sample for which 18O labeled water 

(with final δ18Ow values = 50.0‰) was spiked in all reagents were processed in 

parallel with samples to test the validity of sample processing and to identify 

hydrolysis of Po during sample treatment, if any. 

Table 2.3 Organic P concentration in NaHCO3 and NaOH extracted pools before and 

after the DAX 8 Superlite resin treatment. 

 

A Thermo-Chemolysis Elemental Analyzer (TC/EA) coupled to a Delta V 

continuous flow isotope ratio monitoring mass spectrometer (IRMS, Thermo-

Finnigan; precision of 0.3‰) was used to measure δ18OP values. The measured δ18OP 

values were calibrated against YR1-1aR2 and YR3-2 standards that were originally 

calibrated using a conventional fluorination method (Vennemann et al., 2002). The 

yield of O during pyrolysis was calculated based on the mass and O content in Ag3PO4 

precipitate and those with acceptable yield (>90%) were included for isotope analyses. 

We used several prong tests to identify successful removal of dissolved organic carbon 
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(DOC) from the samples (Jaisi and Blake, 2010). First, the results from isotope-

enriched water spiked samples did not show any significant difference in δ18OP values 

means no significant hydrolysis occurred. If there was extraneous O incorporation, 

there should be corresponding change in the δ18OP values. This is because, due to the 

unusually large fractionation factors (Liang and Blake, 2006, 2009; Jaisi et al., 2010), 

and much lighter isotopic composition of water, organic P hydrolysis could be easily 

identified from corresponding changes in isotope values. Second, comparing 

theoretical O yield to the Ag3PO4 samples to that of phosphate oxygen isotope 

standards (in the form of Ag3PO4) gives strong evidence on any presence of 

extraneous material including DOC. Any N contamination (from DOC or inorganic 

sources) is clearly seen in IRMS chromatogram because of the same mass of N2 and 

CO, and yet N2 elutes faster than CO. Third, the presence of C and N contaminants in 

selected Ag3PO4 precipitates was also tested in the elemental analyzer (which is used 

for C and N isotopes) because the elemental analyzer has a greater sensitivity to detect 

small masses. This test did not show any of C and N content. The few samples that 

showed the presence of C and N were rejected and not included for isotope analysis. 

The δ18OP values given here are reported relative to the Vienna Standard Mean 

Oceanic Water (in ‰). 

2.4 Results and Discussion 

2.4.1 Soil properties 

The key soil properties from four different soil depth intervals are shown in 

Table 2.1. As expected, organic matter content and concentrations of total and 

Mehlich-3 P were high in surface soils and decreased with depth. The surface soil was 
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slightly acidic (pH 6.3) from long-term fertilizer application and the acidity was found 

to increase (5.3 to 5.7) in deeper soil horizons (37.5‒45 and 75.0‒82.5 cm). Based on 

sand, silt, and clay content, the soil at 0 to7.5 cm depth horizon belongs to the silt 

loam class, whereas deeper soils are silty clay loam, according to the USDA soil 

classification system. 

2.4.2 Phosphate pools and isotopic compositions in the control site 

Concentrations of four extracted Pi pools and their isotopic compositions in the 

control plot are shown in Figure 2.1. As expected, Pi concentrations of almost all pools 

were high at the shallow depth (0−21.5 cm), decreased sharply below it (e.g., the sum 

of all extractable Pi pools decreased by 57% at ~40 cm), and became relatively 

constant for depths ≥40 cm. This trend in P concentration is consistent with several 

other silty and clay loamy agricultural soils in Delaware (Mozaffari & Sims, 1994) 

and indicates most active P cycling is limited to shallow depth (<40 cm) due to several 

factors including tilling, P application, uptake and recycling of P pools by 

microorganisms and crops in the soil. 
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Figure 2.1 (a,b) Concentrations and (c,d) isotopic compositions of four inorganic P 

(Pi) pools (H2O-Pi, NaHCO3-Pi, NaOH-Pi, and HCl-Pi) in the control plot 

(without application of 18O labeled Pi) (a, c) 55 d before and (b, d) 155 d 

after the start of the experiment. The dark grey lines indicate equilibrium 

δ18OP composition calculated from measured water δ18Ow values and 

temperature at the time of sampling, and the shaded regions correspond 

to that of daily average of the sampling month. 

In general, relative order of Pi concentrations was NaOH-Pi > NaHCO3-Pi > 

HCl-Pi > H2O-Pi in all soil depths (Fig. 2.1a and 2.1b). The highest amount of Pi in 

NaOH fraction among all P pools indicates that this pool (i.e., tightly bound P to Fe 

and Al minerals) (Hedley et al., 1982; Tiessen et al., 1984; Wagar et al., 1986), is the 
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major sink of P in this soil. This result is consistent with similar studies in other acidic 

and circumneutral pH soils (Tiessen et al., 1984; Beck & Sanchez, 1994; Zhang & 

MacKenzie, 1997; Guo et al., 2000). Overall, the sum of all sequentially extracted Pi 

accounted for ~76 to 84% of TP in the soil, measured from microwave digestion of the 

soil (Table 2.2). The residual P (i.e., P remaining in the soil after sequential extraction) 

accounted for about 15 to 25% of TP at shallow depths (0−16 cm) and 50% at deeper 

depths (36−76 cm). This indicates a relatively small fraction of TP was present as Po 

and residual P in shallow depth. Because the concentration of the residual P pool did 

not change significantly at different sampling times, the formation or removal of P 

from this pool was considered negligible. 

The isotopic compositions of NaHCO3-Pi and NaOH-Pi were consistently 

similar for the entire depth (0−80 cm) (Fig. 2.1c and 2.1d). If significant Po hydrolysis 

occurred during our sample processing and contributed to δ18OP values, we should be 

able to see a corresponding change (towards lighter isotope composition), particularly 

in shallow depth because of high Po content in NaHCO3-Pi and NaOH-Pi pools. This 

result alternatively proves that the methods used to remove Po compounds (Table 2.3) 

and as well as 18O water spiking tests were sufficient to avoid Po hydrolysis.  

The δ18OP values of H2O-Pi were found to be lighter by 1.5 to 2.0‰ than the 

other three pools (Fig. 2.1c). We calculated equilibrium δ18Op by using the Longinelli 

and Nuti (1973) equation from (i) measured water isotope composition (δ18Ow = -3.8 

to -5.2‰) and measured temperature (4.5−6.0°C) at different depths on the sampling 

date (shown by line traces), and ii) ambient soil temperature for the sampling month in 

the past 5 yr (2.3 ± 5.5°C) (Delaware Environmenta Observatory System, 2014) shown 

by the gray zone. The δ18OP values of H2O-Pi lie within the ranges of equilibrium 
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isotopic composition. It means this Pi pool was fully cycled by microorganisms even 

in winter when soil temperature is low and even frozen on several days. Similar results 

of complete equilibration, however, have been found in other soils in subtropical and 

temperate climate zones in Israel and Switzerland (e.g., Zohar et al., 2010; Tamburini 

et al., 2012). 

2.4.3 Phosphate pools and isotopic compositions in oxygen-18- labeled inorganic 

phosphorus applied site 

Sequentially extracted soil P pools 1 d before and 18 d after the application of 

18O labeled Pi showed an immediate increase in concentration of H2O-Pi and 

NaHCO3-Pi pools by 236 and 29%, respectively, at 0 to 2 cm (Fig. 2.2a and 2.2b), 

confirming that the applied Pi readily partitioned into at least these two pools. 

Interestingly, there was also a small increase in NaOH-Pi (~10%) and no detectable 

change in the HCl-Pi pool. Soil P pools at a depth ≥4 cm were less impacted by the 

application of labeled Pi than those on the surface, and the general depth-Pi 

concentration trend remained essentially similar to the pre-application stage.  

By 155 d, labeled Pi was found to be redistributed in all four pools (H2O-Pi, 

NaHCO3-Pi, NaOH-Pi, and HCl-Pi; Fig. 2.2c). For example, at the 0 to 2 cm depth, 

concentration of H2O-Pi decreased by ~50% (compared to 18 d after labeled Pi 

application), while NaOH-Pi increased by ~10% but NaHCO3-Pi and HCl-Pi did not 

show any appreciable change. Although no major change was observed in the 

NaHCO3-Pi pool, this pool was expected to be more dynamic because it behaves as an 

intermediate P pool for exchange between NaOH-Pi and H2O-Pi pools (Beck & 

Sanchez, 1994; Waldrip-Dail et al., 2009). A similar increase in the NaOH-Pi pool was 

found in 33P labeled and soil incubation studies in the time frame spanning from 
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several days to months (Daroub et al., 2000; Waldrip-Dail et al., 2009) as well as long-

term (>25 yr) research in externally P applied agricultural soils (Lehmann et al., 

2005). These results are consistent with the fact that this pool is considered to be the 

major Pi sink in agricultural soils (Beck & Sanchez, 1994; Richards et al., 1995; 

Zhang & MacKenzie, 1997). 

 

Figure 2.2 (a,b,c) Concentrations and (d,e) isotopic compositions of four inorganic P 

(Pi) pools (H2O-Pi, NaHCO3-Pi, NaOH-Pi, and HCl-Pi) in the 

experimental plot before and after application of 18O labeled Pi (38‰) at 

(a) 1 d before, and (b,d) 18 d and (c, e) 155 d after the start of the 

experiment. The dark grey lines indicate equilibrium δ18OP composition 

calculated from measured pore-water δ18Ow values and temperature at the 

time of sampling, and the shaded regions correspond to the daily average 

of the sampling month. 
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In vertical profile, a clear trend in the changes in P concentrations was 

observed by 155 d. For example at 2 to 4 cm depth, NaHCO3-Pi and NaOH-Pi pools 

increased by 20 and 22%, respectively (compared with 18 d after labeled Pi 

application), suggesting vertical transport or leaching of applied Pi into deeper soil 

horizons, albeit a few cm below top soil. All soil Pi pools sharply decreased below ~40 

cm depth and remained relatively constant and similar to the control plot at deeper 

(≥40 cm) soil depths.  

The isotope composition of different P pools showed an interesting trend. 

Consistent with the build-up of H2O-Pi, NaHCO3-Pi, and NaOH-Pi pools over 18 d 

after 18O labeled Pi application, there were corresponding changes in δ18OP values of 

these pools (Fig. 2.2d). Isotope ratios and mass balance calculated from measured 

concentrations and δ18OP values of different P pools before and after the application of 

labeled Pi showed that the new δ18OP values of H2O-Pi, NaHCO3-Pi, and NaOH-Pi 

pools (in 18 d) should be ~33, 26, and 25‰, respectively. Measured δ18OP values of 

H2O-Pi were ~10‰ lighter than the calculated value, suggesting that the biological 

uptake and cycling of this P pool resulted in its lighter (i.e., approach towards 

equilibrium) isotopic composition. Interestingly, the measured δ18OP values of 

NaHCO3-Pi were similar to the calculated values, indicating that the labeled Pi 

partially transferred into this P pool without much biological cycling by this sampling 

time. The measured δ18OP values of NaOH-Pi were slightly heavier than the calculated 

value but within narrow ranges.  

The isotopic compositions of H2O-Pi, NaHCO3-Pi, and NaOH-Pi pools at 155 d 

(~5 mo) after labeled Pi application showed complex P dynamics in the soil (Fig. 

2.2e). For example, the δ18OP values of H2O-Pi at 0 to 2 cm were found to be in 
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equilibrium with the measured water O isotope values and soil temperature at the time 

of sampling. Similarly, δ18OP values of both NaHCO3-Pi and NaOH-Pi were lighter 

than those at 18 d after labeled Pi application (Fig. 2.2d) but still were 2 to 3‰ heavier 

than equilibrium δ18OP values. These results indicated that these pools were derived 

from P pools that became progressively lighter than the original δ18OP values of the 

labeled Pi (see below).  

The trend in the evolution of δ18OP values of HCl-Pi after labeled Pi application 

was different from other P pools. For example, it remained essentially constant with 

depth in the soil (before application of 18O labeled Pi) and did not follow the 

calculated depth-equilibrium trend. After the application of 18O labeled Pi, δ
18OP 

values of the HCl-Pi pool remained relatively uninfluenced for a long time and then 

increased by ~3.5‰ at 155 d (Fig. 2.2e). This indicates precipitation of Ca-P minerals 

from P pools derived from labeled Pi. This raises an interesting point on sources and 

pathways of HCl-Pi (see below). 

The majority of isotope data for the NaHCO3-Pi, NaOH-Pi, and HCl-Pi pools 

showed similar trends with depth, except several of them showed wide fluctuation, 

albeit largely within equilibrium values if these data were extrapolated to the surface. 

This extrapolation is relevant because shallow soils (<30 cm) were physically mixed 

due to tilling (in the previous season before the application of labeled Pi) and hence 

could have leached to deeper soils. However, a similar trend in deeper (as deep as 80 

cm) soils potentially indicated the formation of new NaHCO3-Pi and NaOH-Pi pools at 

these depths. This, in turn, indicates differential reactivity of different P pools across 

soil depth in response to their availability to plants and soil microorganisms and phase 

transformations that may form or consume a specific P pool. 
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2.4.4 Dynamics of concentrations and isotopic compositions of phosphorus 

pools: Interplay of biotic and abiotic reactions 

An in-depth temporal analysis of distinct isotope excursion of H2O-Pi, 

NaHCO3-Pi NaOH-Pi, and HCl-Pi pools can provide additional information on the 

sources or biogeochemical processes involved on the formation as well as 

transformation of these P pools. The rate of change of δ18OP values of the H2O-Pi pool 

was found to be faster than that of the other P pools, as expected, as a result of faster 

isotope exchange with water, and this pool approached equilibrium isotopic 

composition. This is consistent with the fact that H2O-Pi is the most bioavailable pool. 

Diverse communities of microorganisms play an active role in soil P cycling (e.g., 

Richardson, 2001; Khan and Joergensen, 2009; Richardson and Simpson, 2011), and 

quantifying their individual activity is difficult. However, all microorganisms catalyze 

Pi-H2O O isotope exchange, and this activity is reflected in corresponding changes in 

δ18OP values (Blake et al., 2001, 2005; Stout et al., 2014), particularly when δ18OP 

values of the starting P pool are off from equilibrium isotopic composition, and thus it 

has been proposed as an indirect proxy for microbial activity. Our results are 

consistent with these past studies and add to the fact that isotope exchange could be 

used to understand the relative bioavailability and cycling of different P pools in soils. 

The rate of isotope excursion of NaHCO3-Pi pool was slower than that of H2O-

Pi, and still 2 to 3‰ heavier than that of equilibrium δ18OP values at 155 d. These 

results are consistent with those obtained from controlled laboratory sorption-

desorption experiments (Jaisi et al., 2010; Li and Jaisi, 2015) showing that this pool is 

taken up by biota after H2O-Pi is drawn first and that NaHCO3-Pi is bioavailable 

(Olsen et al., 1954; Bowman et al., 1978; Tiessen et al., 1983). Given that biological 

cycling tends not to accumulate NaHCO3-Pi but changes its δ18OP values, an almost 
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constant concentration but different isotopic composition provides evidence that this 

pool is biologically recycled and speciated again, at least partly, as NaHCO3-Pi. This, 

in turn, highlights the importance to understand P cycling, which is a more important 

parameter for nutrient management than P speciation.  

The isotope composition of NaOH-Pi at 18 and 155 d after labeled Pi 

application (Fig. 2.2 d and 2.2e) was essentially similar but still 2 to 3‰ heavier than 

that of equilibrium δ18OP values. The NaOH-Pi is considered moderately bioavailable 

depending on the soil P conditions and plant efficiency of P uptake (Tiessen et al., 

1983; Zhang & MacKenzie, 1997; Guo et al., 2000). We interpret the heavier isotopic 

composition of the NaOH-Pi pool as being due to the transformation of other Pi pools 

(that have relatively heavier δ18OP values such as H2O-Pi or NaHCO3-Pi) to the NaOH-

Pi pool. This means that a portion of the H2O-Pi and NaHCO3-Pi pools transformed 

into NaOH-Pi while these pools underwent active microbial cycling and their δ18OP 

values approached equilibrium (lighter) isotopic composition. It is, however, 

important to emphasize that actual microbial cycling of the NaOH-Pi pool itself is less 

likely change δ18OP values of the residual NaOH-Pi pool because microbial uptake 

removes P and most likely transforms it into the H2O-Pi and/or NaHCO3-Pi pool. A 

schematic diagram showing the varying rate of isotope excursion of the different P 

pools towards equilibrium isotopic composition and the formation of new P pools 

during this excursion is included in Fig 2.3. As indicated, a suite of biological 

processes and chemical reactions (isotope exchange and ion exchange, respectively; 

Jaisi et al., 2011) change the original isotope identity of H2O-Pi and NaHCO3-Pi pools. 

These processes also change the isotopic composition of the newly formed Pi pool as 

several generations of Pi accumulate and coexist with time. For example, HCl-Pi can 
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be formed from three other Pi pools at any time during their excursion towards 

equilibrium isotopic composition. These explanations are consistent with results from 

a previous study (Jaisi & Blake, 2010) where several generations of Ca-P minerals 

precipitating at different times were found to coexist in a sediment.  

 

Figure 2.3 Schematic diagrams showing P speciation and transformations. The relative 

length of an arrow corresponds to the extent of biological cycling of a 

particular P pool (H2O-Pi, NaHCO3-Pi, NaOH-Pi, and HCl-Pi). The 

dashed arrows (uni- or bidirectional) of different colors indicate transfer 

of P from one pool to another. Illustrations do not consider long-term 

reactions such as potential dissolution and remobilization of HCl-Pi. 

The results obtained from this study can be summed up to generalize the P 

cycling pathway as follows. Externally applied P disturbs the chemical equilibria of 

existing soil P pools as it speciates first into dissolved and weakly sorbed P (H2O-Pi 

and NaHCO3-Pi) pools. These two Pi pools are actively taken up and recycled by 

microorganisms and plants. Depending on the extent of microbial cycling and the 

length of time a particular P pool cycles, it is important to emphasize that the original 

isotopic composition of externally applied P could be (i) overprinted as it approaches 
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equilibrium isotopic composition or ii) partially or fully retained if it transforms into 

recalcitrant P pools. This generalization deduced from our results is consistent with 

several past studies (e.g., Jaisi and Blake, 2010; Stout et al., 2014) and adds new 

important information that (i) bioavailable P (H2O-Pi and NaHCO3-Pi) pools are 

partially transformed into the NaOH-Pi pool and are finally precipitated as Ca-P 

minerals (HCl-Pi pool), and (ii) even if the concentration of a particular P pool is 

constant with time (without net loss or gain), it may still undergo significant biological 

cycling (i.e., formation or removal). This brings up a unique application of isotope 

tools to discriminate these changes. 

2.4.5 Variable sources and pathways of hydrochloric acid extractable inorganic 

phosphorus 

The HCl extractable P pool corresponds to crystalline Ca-P minerals such as 

apatite, and the formation of HCl-Pi at the expense of other P pools has been 

interpreted from its changing concentration with time (McKenzie et al., 1992; 

Richards et al., 1995; Lehmann et al., 2005). Pathways that lead to the formation of 

HCl-Pi can be better understood by comparing δ18OP values of the NaHCO3-Pi, and 

NaOH-Pi pools (i.e. ~27 ± 1 and 29 ± 0.1‰, respectively) in 18 d and then among the 

NaHCO3-Pi, NaOH-Pi and HCl-Pi pools at 155 d (Fig. 2.2d and 2.2e). Lighter δ18OP 

values of NaHCO3-Pi than NaOH-Pi suggests that the labeled Pi probably did not 

instantly transfer to the NaOH-Pi pool and a portion of NaHCO3-Pi continued to be 

biological cycled after being transformed to NaOH-Pi (Fig. 2.3). Please note that δ18OP 

values of NaHCO3-Pi and NaOH-Pi in the soil before 18O labeled Pi application 

(control plot) were essentially the same (21.5 ± 0.3 and 21.8 ± 0.4‰, respectively, for 

0−21 cm depth; Fig. 2.1c). Interestingly, before 155 d δ18OP values of HCl-Pi 
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remained constant (20 ± 1‰), meaning that it did not pick up any derivative of labeled 

Pi. Furthermore, any residual or undissolved fertilizer applied in the field in previous 

growing seasons should not contribute to a change in δ18OP values of HCl-Pi because 

the farm never received rock fertilizer that has limited solubility. Any increase in 

δ18OP values is only possible if HCl-Pi originated from any derivative of 18O labeled 

Pi. Because H2O-Pi and NaHCO3-Pi almost attained equilibrium isotopic composition 

by 155 d, the ~3.5‰ offset of HCl-Pi from equilibrium isotopic composition suggests 

NaOH-Pi as the most likely precursor phase for HCl-Pi. These results collectively 

indicate an active and stepwise transformation of H2O-Pi and NaHCO3-Pi to NaOH-Pi, 

and finally to the HCl-Pi pool. Furthermore, these results provide strong evidence of 

Ca-P mineral precipitation at slightly acidic to circumneutral pH in the field. 

Interestingly, the concentration of the HCl-Pi pool did not increase in 155 d, but the 

isotopic composition provided evidence of new Ca-P mineral precipitation. This, 

however, cautions the interpretation of loss or gains on P pools based solely on 

sequential extraction data and at the same time highlights the importance of the 

isotope tool to identify phase transformation. Overall, these results show a P 

transformation pathway of different P pools and highlight the application of isotopes 

to identify these reactions and processes. 

Given that a suite of δ18OP values of HCl-Pi could precipitate in a soil history 

(dotted arrows in Fig. 2.3) and because δ18OP values of the Ca-P mineral are locked in 

(Jaisi and Blake, 2010), interpretation of δ18OP values of HCl-Pi requires some 

caution. For example, δ18OP values near equilibrium could be misinterpreted as 

bioavailable HCl-Pi if the potential sources or pathways for this P pool are not taken 

into account. The HCl-Pi is not directly bioavailable to plants and microorganisms and 
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is not expected to be bioavailable in the agricultural soil in this study due to high H2O-

Pi and NaHCO3-Pi pools (>6 µmol g-1) (Table 2.1, Fig 2.1a and 2.1b), it is important to 

note that δ18OP values of HCl-Pi close to equilibrium (in this and other past studies) do 

not necessarily mean that this particular Pi pool is cycled by microorganisms but rather 

suggests that HCl-Pi is precipitated from biologically cycled P pools. 

2.5 Conclusions and implications 

The mechanisms and pathways of P cycling that generate fixed P (held by Al 

and Fe oxides or Ca-P minerals) in soils are poorly understood. In this research, we 

applied 18O labeled P in an agricultural soil and traced the movement of P in four 

different soil Pi pools (H2O- Pi, NaHCO3- Pi, NaOH- Pi, and HCl- Pi). The results 

showed active transformation of applied P in soil from bioavailable to precipitated Ca-

P minerals. This is a unique observation, and no previous studies have identified the 

rate and pathway of this reaction or have explicitly identified the formation of HCl-Pi. 

Overall, our results indicate precipitation of Ca-P minerals in agricultural soil from 

fertilizer P, not apatite from geogenic (sedimentary or any other geological) origin.  

In many agricultural soils, surplus P exists as legacy P and contributes to 

nonpoint source P pollution (e.g., Leytem et al., 2003; Sharpley et al., 2013). The fate 

of excess P both from current and legacy sources is required to identify the appropriate 

P load reduction needed to meet the water quality goals specified for different 

watersheds. A better understanding of P pool dynamics, particularly their formation 

and transformation, provides key information that could be used to identify 

susceptibility of a particular P pool to leaching and thus potentially contaminating 

surface and subsurface waters. Our results provide important insights into the fate of 

externally applied P in a soil and soil P dynamics over time. Findings from this study 
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can be utilized to improve existing P management practices or develop new P 

management plans for agricultural soils. Overall, in the long term, this may help shift 

the current mineral phosphate-based agricultural economy to an economy that has a 

sustainable phosphate cycle. 
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SOURCES AND MECHANISMS OF FORMATION OF ACID 

EXTRACTABLE PHOSPHORUS POOLS IN AN AGRICULTURAL SOIL 

3.1 Abstract 

Phosphorus (P) is a finite resource and an essential nutrient for sustaining life 

and agricultural production. Transformation of readily available P into unavailable P 

to plants requires additional cost to replenish this P to maintain crop production. 

Together these factors translate into lower agronomic benefits (food prices), loss of 

excess P in soil to runoff and  degradation of water quality. Therefore, understanding 

the mechanisms and pathways of the formation of residual P pools in soils could be 

helpful in developing new biological approaches and technologies to inhibit the 

formation of unavailable P thus maximize P availability to plants. In this research, we 

used phosphate oxygen isotope ratios (18OP) along with solid-state NMR, micro-

XRD, and general soil chemistry techniques to identify the sources and precipitation 

pathways of two acid extractable P pools, namely 1 mol L-1 HCl-P and 10 mol L-1 

HNO3-P in an agricultural soil. Our results show that the concentrations of acid 

extractable P pools are high at the shallow depth soil samples and sharply decrease 

below the agronomically active soil depth. The 18OP values of the HNO3-Pi pool are 

similar to that of NaOH-Pi, suggesting linkage between these two P pools, especially 

under high soil acidity and high concentrations of Al and Fe. Furthermore, 18OP 

values of HCl-Pi in deeper soils, where the effect of soil tilling or physical mixing is 

absent, are similar to the shallow depth soil. One plausible mechanism for this result is 

Chapter 3 
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that particle bound P leaches from top soil to the deeper soils. Overall, these findings 

provide an improved understanding on the sources and fate of acid extractable P in 

agricultural soils and better insights into the buildup of legacy P in soils. 

3.2 Introduction 

Phosphorus is a non-renewable resource (occurs at ~0.09 wt % in Earth’s 

crust) and a required components of fertilizer for food production.  Series of studies 

have raised concern that the increased exploitation of P, after the agricultural 

revolution, has reduced the P reserves on Earth (Cordell et al., 2009). As a result, the 

pressure to economize P such as by using less P in fertilizer, or recycling P from 

variety of waste sources, as well as more efficient use the available P has increased in 

the past decades (Morse et al., 1998; Balmér, 2004; Franz, 2008). Consequently series 

of research efforts and technological developments are being undertaken towards 

recycling P from human waste and sewage sludge in wastewater treatment plants, 

rationing P application in agricultural soils based on soil P concentration, reducing 

leaching and runoff, and research on various methods to enhance P uptake from soils 

including manipulation of symbiotic fungi and microorganisms on plant roots  (Guo et 

al., 2000; Richardson, 2001; Khan & Joergensen, 2009; Richardson & Simpson, 2011; 

Gaxiola et al., 2011). These progresses have either regulated or commercialized P, or 

have been the area of increased research interest. 

Sequential chemical extraction methods are widely used to differentiate 

operationally discrete bioavailable and recalcitrant P pools in soils to determine 

supplemental P requirements for plants (Chang & Jackson, 1957; Shelton & Coleman, 

1968; Hedley et al., 1982; Tiessen et al., 1984; He et al., 2012). The non-bioavailable 

soil P pools extracted by reagents used in the sequential extraction are often referred 
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as ‘recalcitrant P’ whereas non-extractable P is considered ‘residual P’. Soil 

mineralogy and pH are the important properties that control the form of P pools in 

soils. In general, application of commercial P fertilizers or manure promotes 

precipitation of Ca-P minerals, which are often the dominant recalcitrant P forms, 

especially in alkaline pH soils. In highly weathered soil, where high concentrations of 

Al and Fe oxide minerals are present or the pH is low, P is a strongly sorbed species 

on to these minerals and to phyllosilicate minerals. These reactions are conducive to 

the formation of residual P pools that have limited or no availability to plants and 

microorganisms. In fact, long-term application of fertilizers and manures has found to 

increase both recalcitrant and residual P pools in soils (Wager et al., 1986; Guo et al., 

2000; Lehmann et al., 2005). However, research on the pathway of formation as well 

as composition of the residual P pool is limited and nor the identity of these P pools is 

known well. 

Advances in the understanding of soil P dynamics, particularly the interactions 

among P pools and biogeochemical processes that facilitate or restrict these 

interactions, is limited largely due to lack of appropriate analytical methods of 

investigation (Jaisi & Blake, 2014). While a series of innovative research tools have 

been used to understand P dynamics (Kruse et al., 2015), research on soil P 

biogeochemistry is lagging compared to other important bio-elements (e.g., C, N, S, 

and Fe). Thus our understanding of the links between specific biological activities and 

chemical signatures, as well as links between inorganic P (Pi) and other macronutrients 

in different environments, is limited. Spiking of 32P and 33P radionuclides into soil 

systems or otherwise controlled experiments have been used to quantify dissolved and 

sorbed P species, and to understand P uptake, cycling, and transformations (e.g., 
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Friesen & Blair, 1988; Frossard & Sinaj, 1997; Bühler et al., 2003; Achat et al., 2009; 

Frossard et al., 2011). Although this method has long been used under field simulated 

laboratory conditions, the field application of radioisotopes is restricted due to safety 

and regulatory requirements. Furthermore, radioisotopes have several limitations. For 

example, they cannot be used for long-term P dynamic research (due to shorter half-

lives: 25.34 days for 33P and 14.26 days for 32P); spiking radioisotopes disturbs P 

speciation and thus the results obtained may not reflect actual field processes. On the 

other hand, natural abundance of stable isotopes is capable of discriminating soil P 

speciation both in the short and long-term soil processes. Fundamentally distinct 

properties of phosphate oxygen isotope ratios (δ18OP) in abiotic and biotic reactions 

make this tool more reliable tracer of P to study the physicochemical and biological P 

cycling pathways and fate of P in agricultural and non-agricultural soils (Larsen et al., 

1989; Johansen et al., 1990; Zohar et al., 2010a; Angert et al., 2012; Tamburini et al., 

2012; Joshi et al., 2016). For example, oxygen isotopic composition of phosphate 

remains constant during sorption, desorption, transport, and mineral transformation, 

except for short-term kinetic fractionation among P pools, at low temperature (<70 ºC) 

and circumneutral pH (Lecuyer et al., 1999; O’Neil et al., 2003; Jaisi et al., 2010; 

Jaisi, 2013; Wang et al., 2015). However, during biological processes rapid O-isotope 

exchange between Pi and ambient H2O often results in complete isotope exchange and 

produces temperature-dependent equilibrium O-isotope fractionation (Longinelli & 

Nuti, 1973; Blake et al., 1997; Paytan et al., 2002; Jaisi et al., 2010; Jaisi & Blake, 

2010; Joshi et al., 2015). These specific properties of δ18OP in abiotic and biotic 

reactions provide the potential means to apply this tool to develop the mechanistic 

understanding on the formation of recalcitrant P pools and interplay of biotic and 
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abiotic reactions involved in soil P cycling. Isotopes, however, have been 

underutilized as a geochemical indicator of P cycling in natural systems (Jaisi & 

Blake, 2014). 

In this research, we used a stable isotope method, which goes beyond classical 

operationally defined P pool speciation, along with solid state NMR and micro-XRD 

techniques with an aim to develop mechanistic understanding of the formation of acid 

extractable P (referred to hereafter as acid-P) pools. In this communication we termed 

both 1 mol L-1 HCl P as well as 10 mol L-1 HNO3 extractions as ‘acid-P’ pools, a new 

terminology because it partly overlaps existing terminologies (‘recalcitrant’ or 

‘residual’ P) being used in the literature. We analyzed soils in a continuum from 

surface to beyond agronomic-relevant depth in a long-term agronomy research field. 

Based on results, we discussed potential pathways of phase transformation among P 

pools and ultimate formation of acid-P pools in an agricultural soil.  

3.3 Materials and methods 

3.3.1 Site description and soil sampling 

A site classically used for corn and soybean fertility research at the 

Agricultural Experiment Station in Newark, DE at the University of Delaware was 

used for this research. The details about the study site and agronomic practices are 

described in Joshi et al. (2016). In brief, the water table is about 0.5 m or more below 

the surface and therefore the major part of biologically active and agronomically 

relevant soil is unsaturated. Every year the soil is chisel-plowed (~30 cm) before 

cropping. It is drip irrigated as needed during crop growing seasons. 
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To quantify Pi pools and their isotopic compositions, soil cores were retrieved 

from the experimental site using a Hoffer soil sampler (2.54 cm id) at intervals of 2.0 

cm up to a total depth of 105 cm. We collected three to four soil cores and combined 

core slices from the same depth intervals and homogenized before processing and 

analysis. A fraction of the soil core was immediately placed inside an airtight 

container to quantify soil water content and to measure water δ18OW values. Soil 

temperature at different soil depths was measured by inserting a stem thermometer at 

targeted depths. The soil cores were freeze dried, and then ground thoroughly before 

size separation (<200 µm) to avoid incomplete extraction of targeted P pools and to be 

consistent with smaller size fractions recommended in literature for sequential 

extraction (e.g., Hedley et al., 1982; Psenner et al., 1988; Ruttenberg, 1992). The soil 

pH was measured without size separation to be closer to field conditions. The size 

separated samples were then analyzed for physical and chemical properties and 

processed for isotope measurements. 

3.3.2 Soil characterization 

The physical and chemical properties of the soil samples were measured to 

differentiate the most biologically and agronomically active top soil (0–20 cm), 

intermediate-depth soil (20–40 cm) and a deeper soil (>40 cm) largely beyond the 

active biological and agronomical activities. The soil pH was measured following the 

procedure described in Thomas (1996). Briefly, 10 g of soil sample was mixed with 10 

mL of de-ionized (DI) water (pH=6.8) in 1:1 soil to water ratio (w/w). It was mixed 

thoroughly in a reciprocator shaker for 10 min and pH was measured using Orion® 

glass electrodes. To measure the Mehlich-3 P pool, a common soil P test in agronomy, 

the soil samples from different depths were extracted by using Mehlich-3 reagents (0.2 
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mol L-1 CH3COOH, 0.25 mol L-1 NH4NO3, 0.015 mol L-1 NH4F, 0.013 mol L-1 HNO3, 

and 0.001 mol L-1 EDTA) (Mehlich, 1984). Soils before the start of sequential 

extraction were dissolved using the microwave digestion method to identify total P 

and concentrations of other elements that are relevant to P speciation (Fe, Al, and Ca). 

The concentrations of P, Al, Ca, and Fe were measured by using inductively coupled 

plasma optical emission spectrometer (ICP-OES) in the Soil Testing Laboratory at the 

University of Delaware. 

Variations in soil mineralogical composition across the soil depth were 

analyzed by using X-ray diffraction (XRD) (Empyrean, with CuK radiation λ = 

1.54056 Å). We chose five soil depths (0–2, 8–10, 20–22, 50–52, 82.5–90, and 97.5–

105 cm) for XRD analysis based on preliminary results on P, Fe, Al and Ca 

concentrations and pH changes. To understand the selective removal of minerals and 

changes in concentration of amorphous minerals during sequential extraction, soil 

residues were analyzed (i) after 0.5 mol L-1 NaOH extraction but before HCl 

extraction, (ii) after HCl extraction, and (iii) after HNO3 extraction separately in XRD. 

Diffraction data were processed by using the JADE 9.1.5 program (Materials Data 

Inc.) and the PDF4+ database (inorganic crystal structure database, ICSD) was used to 

fit the XRD peaks and identify mineral composition. We used ZnO, a NIST certified 

standard, as the internal standard for quantitative analyses of soil minerals and 

amorphous mineral content because ZnO peaks do not interfere with that of minerals 

from the soil. However, to our surprise, ZnO appeared to react with residual nitrate 

(from the reagent HNO3) in solid-phase and generated new peaks in the soil residue 

after HNO3 treatment. To circumvent this problem, we repeated XRD data collection 
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using Al2O3 as a new internal standard and performed the quantitative analyses of 

crystalline and amorphous minerals. 

3.3.3 31P Solid-State NMR Spectroscopy 

Solid state NMR was employed to directly determine the P speciation of soil 

samples. Solid-state 31P{1H} single pulse (SP) magic-angle-spinning (MAS) NMR 

spectra for several soil samples were collected on a 500 MHz Bruker AVIII solid-state 

spectrometer (11.7 T), at operating frequency of 202.5 MHz for 31P, and 500.1 MHz 

for 1H.  A Bruker 4.0 mm HX double resonance probe was used for all solid-sate 

NMR experiments. All the powder samples were packed into the rotor and spun at the 

MAS frequency of 10 kHz.  The 31P 30° pulse length was 0.8 μs, and the relaxation 

delay was 30 s. 

3.3.4 Extraction of soil phosphate pools 

Acid-P pools (HCl-P and HNO3-P) in soils were extracted using the most 

common operationally defined sequential extraction technique originally developed by 

Hedley et al. (1982) and revised by Tiessen et al. (1984) with slight modifications 

(Joshi et al., 2016). In brief, the soil samples were directly extracted by 0.5 mol L-1 

NaHCO3 for 16 hr in 1:100 soil to solution ratio. In order to avoid carryover of the 

residual P extracted by NaHCO3 but not removed from soils, the soil was washed by 

0.5 mol L-1 NaHCO3 and H2O (e.g., Ruttenberg, 1992). Then, the residual soil was 

extracted by 0.5 mol L-1 NaOH for 16 hr followed by 0.5 mol L-1 NaHCO3 and H2O 

washes, as before. The residual soil after NaOH extraction was extracted further by 1 

mol L-1 HCl for 16 hr followed by separate 0.5 mol L-1 NaHCO3 and H2O washes, as 

before. The extracted solutions during washing steps were individually quantified for 
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Pi concentrations to ensure no carryover of Pi to next pool. Finally, the soil residue 

after HCl extraction was treated with 10 mol L-1 HNO3 in a 1:25 soil to solution ratio. 

The NaHCO3-P pool was discarded and not further analyzed, whereas NaOH-P, HCl-

P, and HNO3-P pools were processed further for analysis. Concentrations of Pi and 

total P (TP) in each extract were measured by using phosphomolybdate blue method 

(Murphy & Riley, 1962) directly and after persulfate digestion (Rowland & Haygarth, 

1997), respectively. Organic P (Po) concentration was calculated as the difference 

between TP and Pi. In addition, the concentrations of Fe, Al, and Ca, in HCl and 

HNO3 extracted solutions were measured by using ICP-OES in the Soil Testing 

Laboratory. Extracted supernatants for each P pool were combined and stored at 4 °C 

before processing and purification for silver phosphate (Ag3PO4) precipitation. 

3.3.5 Purification of extracted solution for isotope analysis 

The extracted P pools were processed to remove residual reagents, cations and 

anions and compounds that were extracted along with P during various treatments and 

to concentrate Pi before it was converted to silver phosphate for the measurement of 

isotope ratios. A schematic diagram of the purification and precipitation methods is 

shown in Figure 3.1. The NaOH and HCl extracted solutions were first evaporated to 

reduce volume, and then Pi in the solutions was concentrated by using the magnesium 

induced co-precipitation (MagIC) method (Karl & Tien, 1992). Residual cations 

extracted by HCl as well as from Mg and NH4 added during MagIC treatment were 

removed by passing the solution (after dissolving Mg(OH)2 pellets in 1 mol L-1 HNO3) 

through cation-exchange resin (AG50W-X8, BioRad). The volume of HNO3 extracted 

solution (100 mL) did not require MagIC treatment and Pi in this solution was 
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concentrated by evaporation (below 70 °C) only. Both extracted solutions were 

processed further for purification before Ag3PO4 precipitation. 

Precipitation of ammonium phosphomolybdate (APM) and subsequent steps 

followed the methods described in Liang and Blake (2006) and Jaisi and Blake (2010, 

2014) as outlined step by step in schematic diagram (Figure 3.1). The APM 

precipitation at low pH and separation of APM precipitates removed ions and 

contaminants that are soluble at low pH. We used 0.1 µm polysulfone filters (Pall 

Scientific) to separate APM precipitates and rinsed the precipitates with 5% NH4NO3 

solution before dissolving in citrate solution. Magnesium ammonium phosphate 

(MAP) was precipitated from this solution at high pH. The MAP crystals were 

separated by filtration (as above) and rinsing. This step removed ions and 

contaminants that were soluble at high pH. The MAP dissolved solution, after pH 

adjustment to neutral, was passed through a vertical fixed-bed column packed with 

cation-exchange resin to remove cations (primarily Mg2+ and NH4
+) and achieve Pi in 

protonated forms (HPO4
2- and H2PO4

2-). The solution was further evaporated down to 

 5 mL to enrich Pi for complete precipitation in a customized beaker. Finally Ag3PO4 

was precipitated by adding silver amine solution in the concentrated Pi solution. A pair 

of separate phosphate standards with different δ18OP values was processed in parallel 

with soil extracts to validate the sample processing protocol as well as to confirm the 

reliability of isotope values. In selected samples, the presence and potential hydrolysis 

of the residual Po was checked by spiking a sample split with 18O-enriched water. 

Yield of Ag3PO4 precipitate was compared to that of Pi content in the starting solution 

and those with acceptable yield (>90%) were used for isotope analyses. 
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3.3.6 Measurement of phosphate oxygen isotope ratios 

A Thermo-Chemolysis Elemental Analyzer (TC/EA) coupled to a Delta V 

continuous flow isotope ratio monitoring mass spectrometer (IRMS, Thermo-

Finnigan, Germany; precision of 0.3‰) was used to measure δ18OP values of 

precipitated Ag3PO4 at the Laboratory, University of Delaware. Each run sequence 

included an internal phosphate standard, benzoic acid, and two isotope standards 

(YR1a and YR3-2 with δ18OP values of −5.49 and +33.63‰, respectively) at first, and 

two isotope standards at the middle and the end of a run, each at least in triplicate. 

Yield of oxygen in Ag3PO4 was calculated based on theoretical O in the mineral 

(15.4%) and data with acceptable yield (>90%) were used for analyses (and presented 

in this communication). All accepted isotope δ18OP values were calibrated against 

YR1a and YR3-2 standards that were originally calibrated using a conventional 

fluorination method (Vennemann et al., 2002) and are reported relative to the Vienna 

standard mean oceanic water (VSMOW) standard in units of permil (‰). 
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Figure 3.1 Flow diagram for the purification of P from sequentially extracted soil 

solution and precipitation of silver phosphate. 
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3.4 Results 

3.4.1 Soil pH and elemental compositions 

The soil pH and concentrations of total P, Mehlich-3 P, Fe, Al, and Ca from 

six soil depth intervals (0–2, 8–10, 20–22, 50–52, 82.5–90 and 97.5–105 cm) before 

sequential extraction of P pools are shown in Table 3.1. Soil pH, an important 

parameter that determines P speciation in soils, decreased with an increase in soil 

depths. For example, the soil samples were slightly acidic (pH= 6.6 to 6.5) in 

agronomically active upper soil depths and soil acidity decreased by 0.25 units in the 

intermediate depths. In the deeper soil horizon (82.5‒90 cm), the soil acidity further 

decreased to 5.3. Interestingly, change in soil acidity in the intermediate depth was 

steady. In surface soil, concentrations of total P, Mehlich-3 P and Ca was high, 

reflecting the impact of long-term fertilizer application, but their concentrations 

decreased in the deeper soil horizons. However, the concentrations of Fe and Al 

increased with increases in soil depths (see more details below). 

Table 3.1 Selected soil properties at six different depth intervals in the study site.  

 
¥ absence of data 

Depth pH P (M-3) TP Al Fe Ca

(cm)

02 6.62 192 785 16.7 18.6 1.1

810 6.63 163 805 20.9 21.5 1.3

2022 6.58 ¥ 848 21.2 20.4 1.3

5052 5.75 91 307 21.4 25.3 0.7

82.590 5.35 54 532 23.1 26.1 0.8

97.5105 5.82 17 516 13.1 26.5 0.4

(g/kg)(mg/kg)
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3.4.2 Mineralogical composition of soils 

Quantitative analyses of mineralogical composition using micro-XRD in soils, 

soil residues after NaOH extraction but before HCl extraction, and after HCl and 

HNO3 extraction (each from 0−2, 8−10, 20−22, 50−52, 82.5−90, and 97.5−105 cm 

depth) included minerals predominantly of quartz, feldspar, mica, kaolinite, and 

amorphous minerals (Table 3.2). There was a slight variation among the relative 

content of these minerals with soil depth. Comparative analyses during different 

extraction steps allowed us to identify selective removal of minerals as well as 

changes in concentration of amorphous minerals during sequential extractions. For 

example, comparison of minerals in soil residues before and after HCl extraction, and 

after HNO3 extraction shows the removal of mica and kaolinite by 1 to 3, and 2 to 5%, 

respectively. On the other hand, amorphous minerals in soil residues increased by 

more than 20% after HNO3 extraction. It is likely a sample processing artefact that the 

increase in amorphous mineral content after harsher reagent treatment is due to the 

precipitation of ions extracted by reagents but still attached to the residual minerals 

during freeze-drying. 

Table 3.2 Mineralogical compositions of soil residues i) after NaOH extraction, ii) 

HCl extraction, and iii) after HNO3 extraction at six different depth 

intervals. 

 
¥ below detection limit 

Depth

NaOH HCl HNO3 NaOH HCl HNO3 NaOH HCl HNO3 NaOH HCl HNO3 NaOH HCl HNO3 NaOH HCl HNO3

(cm)

02 66 68 54 9.3 10 6.8 18 14 12 6.6 5.0 2.5 0.2 0.2 ¥ ¥ 3.0 25

810 69 64 56 12 9.0 7.8 14 19 17 5.0 6.8 3.3 0.1 0.2 ¥ ¥ 1.2 16

2022 67 61 59 8.2 9.8 7.2 15 15 13 4.0 5.6 4.2 0.6 0.2 0.1 5.3 7.8 16

5052 61 62 46 11 11 8.7 18 14 13 6.5 6.7 3.9 0.6 0.2 ¥ 2.9 6.3 28

82.590 63 58 44 12 11 8.5 14 13 13 7.2 8.2 3.8 0.6 0.2 ¥ 3.6 9.9 30

97.5105 57 61 53 8.3 9.9 6.4 10 9.5 8.3 5.4 6.1 3.8 0.6 ¥ ¥ 2.9 13 29

(%)

Quartz Mica Feldspar Kaolinite Smectite Amorphous

(%) (%) (%) (%) (%)
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3.4.3 31P NMR results on the composition of phosphorus minerals 

Solid-state 31P NMR allows direct characterization of the solid-state P 

speciation in soils and sediments by analyzing the chemical shifts of P nuclei in 

samples. Figure 3.2 shows the 31P solid state NMR results of selected soils samples. 

Spectrum for soil collected at 0 to 7.5 cm yields a major peak at 2.6 ppm, indicative of 

the presence of apatite mineral phase, and a minor broad peak at -5 ppm, which may 

be ascribed to mineral surface adsorbed phosphate. Different from this sample, the soil 

collected at 7.5 to 15 cm shows a much broad feature, which is more difficult to 

interpret. 

According to the signal-to-noise ratio, it is obvious that both soil samples 

contain low total P. Due to the relatively low P content, the identification of P 

minerals precipitated in soils has largely been elusive. The P pool extracted by using 1 

mol L-1 HCl, operationally defined P pool, was considered as primary minerals, such 

as apatite (Tiessen et al., 1984). Soil state 31P-NMR and X-Ray diffraction methods 

identified Ca phosphate phases such as di-calcium and tri-calcium phosphate (DCP 

and TCP) in poultry litter amended with Al (Hunger et al., 2004; 2008). On the other 

hand, using P K-edge XANES spectroscopy only hydroxylapatite (HAP) was 

identified in Ca amended litter (Maguire et al., 2006). However, apatite phase mineral, 

thermodynamically stable mineral, have not been detected before in unamended litter 

and soils. 
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Figure 3.2 31P solid state NMR spectra of bulk soils (from 0−7.5 and 7.5−15 cm 

depths). Spectra were acquired at the single-pulse magic angle spinning 

(MAS) condition at a spinning rate of 10 kHz, with a π/6 pulse and a 

pulse delay of 30 s. Approximately 3000 - 14000 scans were accumulated 

for these samples.  

3.4.4 Concentrations and isotopic compositions of P pools 

Concentrations and isotopic compositions of NaOH-Pi, HCl-Pi and HNO3-Pi 

pools at different depth intervals are shown in Figure 3.3. As shown, NaOH extracted 

the highest amount of Pi compared to acid-Pi pools (e.g., at shallow depth greater than 

6 times). Overall, the general trend of Pi pools was similar (i.e., high at the shallow 

soil depth (0−20 cm), decreased sharply below it and became relatively constant for 

deeper soil depths (≥40 cm)). However, concentrations among Pi pools were different. 

For example, at the shallow depth HCl-Pi was 60% higher compared to the 

concentration of HNO3-Pi. This means that HCl-Pi is the dominant acid extractable P 

pool that may have formed due to excess P from fertilizer application. In the deeper 

soils, the concentrations of both acid-Pi pools were similar.  
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Figure 3.3 Concentrations (a, b, and c) and isotopic compositions (d, e, and f) of soil Pi 

pools (NaOH-Pi, HCl-Pi, and HNO3-Pi) as a function of depth. The dark 

grey lines indicate equilibrium δ18OP composition calculated from 

measured water δ18Ow values and temperature at the time of sampling. 
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The isotopic compositions of NaOH-Pi, HCl-Pi and HNO3-Pi pools show that 

the δ18OP values of all three Pi pools varied within a narrow range, between 19.5 to 

22‰, for the entire depth (0−105 cm) studied. Interestingly, general trends of 18OP 

values of Pi pools as a function of depth were unique, and all values were slightly 

heavier (1−2‰) than the equilibrium isotopic composition calculated by using the 

Longinelli and Nuti (1973) equation based on measured water isotope composition 

and measured temperature. Particular difference in the variation in isotope values 

could be classified at three different depths, i.e., shallow (<20 cm), intermediate 

(20−40 cm) and deep (>40 cm) soils. For example, at shallow depth, 18OP values of 

NaOH-Pi were ~22‰ which gradually decreased towards deeper soil and became 

~21‰. On the other hand, at 0 to 2 cm depth interval, 18OP values of HCl-Pi steadily 

became heavier from surface to ~10 cm (~22‰), and then became lighter, to 21‰, 

by 15 cm and remained within 20 to 21‰ for the remaining depth. The isotopic 

composition of HNO3-Pi was opposite (mirror-image) to the trend of HCl-Pi, albeit 

with a slightly wider range, between 19.5 to 21.9‰, with heavier isotopic 

compositions near the surface and again at 50 to 60 cm. At the intermediate depths, 

18OP values of HNO3-Pi were within the equilibrium isotopic compositions. 

3.4.5 Concentrations of P, Fe, Al, and Ca in acid extraction 

Concentration profiles of total P, Fe, Al, and Ca in 1 mol L-1 HCl and 10 mol 

L-1 HNO3 extracted solutions along with soil pH are shown in Figure 3.4. At the 

shallow depth, overall concentration profiles of P, Fe, Al, and Ca were similar in both 

HCl and HNO3 extracted solutions. However, as soil acidity increased in the 

intermediate and deep soils, concentrations of Fe and Al increased while P 

concentration decreased. HCl extracted higher amounts of P compared to HNO3 at 
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shallow depths whereas in the deeper soil the concentrations were similar. In the entire 

profile, HCl and HNO3 extracted similar amounts of Fe and Al. On the other hand, 

changes in soil acidity with depth had a negligible effect on Ca concentration, the 

reason for this being unclear. The depth averaged concentration of Ca in HCl extracted 

solution was 15.2 ± 2.6 µmol g-1 which is more than a log order higher than Ca 

concentration in HNO3 extracted solution (i.e., 2.1 ± 0.3 µmol g-1).  

Concentrations of P and other elements (Fe, Al, and Ca) in HCl and HNO3 

extracted solutions from the shallow and deeper depth samples were plotted in scatter 

diagrams and results are shown in Figures 3.5 and 3.6. As intermediate depth lies in 

the transitional zone where pH gradually decreases by ~1.5 units, correlation analysis 

was quite variable, as expected, and thus not included. In HCl extracts, R2 values 

(Pearson’s linear correlation) between P and Fe, Al, and Ca were close to zero 

suggesting there is not any correlation between P and other elements (Fe, Al and Ca) 

in both shallow and deep soil columns. This result is odd and does not follow the 

reciprocal relationship that is apparent in the concentration profile of Fe and Al with P 

(Figure 3.5). However, in the HNO3 extract, there was a strong positive correlation 

between P and other elements (Fe, Al, and Ca) in both shallow and deeper soils. At the 

shallow depth, R2 values between P and Fe, Al, and Ca were 0.86, 0.98, and 0.60, 

respectively. Similarly, in the deeper soils, R2 values between P and Fe, Al, and Ca 

were 0.72, 0.74, and 0.67, respectively. 
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Figure 3.4 Concentration of total P, Fe, Al, and Ca in HCl (a, b, c, and d) and HNO3 (f, 

g, h, and i) extracted solutions. The soil pH (e and f) was plotted to 

compare with the concentration profiles. Please note that both e and f are 

the same soil pH. Concentrations of these elements were measured by 

using inductively coupled plasma emission spectrometry (ICP-OES). 
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Figure 3.5 Scatter plots P with other elements that are associated or coupled with P: Fe 

(a, d), Al (b, e), and Ca (c, f) in 1 mol L-1 HCl extracted solution at 

shallow (a, b, and c) and deeper (d, e, and f) depth in the soil column. R2 

values refer to Pearson’s linear correlation. 

 

Figure 3.6 The scatter plots P with other elements that are associated or coupled with 

P: Fe (a, d), Al (b, e), and Ca (c, f) in 10 mol L-1 HNO3 extracted solution 

at shallow (a, b, and c) and deeper (d, e, and f) soil column. R2 values 

refer to Pearson’s linear correlation. 
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3.5 Discussion 

3.5.1 Sources of acid extractable P pools 

Fertilizer application plays an important role in buildup of soil P pools and 

active plant uptake changes P dynamics. Thus, identification of P sources that 

precipitate or transform into acid-P pools not only allows quantitative understanding 

of these P pools in the residual fraction remaining after sequential fractionation but 

also provides insights into the sources that transform into acid-P pools. Given that 

there are several potential P sources (such as soil P pools, microbial P pool, and 

organic P pool) within soil that may contribute to the formation of the HCl-P and 

HNO3-P pools and complex interactions among biotic and abiotic processes including 

P transformation within soil P pools may generate these P pools, intricacies among 

these processes complicate the differentiation of P sources. Long-term application of 

fertilizer at shallow depth (i.e., agronomically active top soil) leads to increased TP, 

soil P pools (NaOH, HCl, and HNO3) and Mehlich-3 P, consistent with past studies 

(e.g., Lehman et al., 2005). Comparing individual P pools, TP content in the soil in our 

study sites is more than 50% higher than mean soil test in New Castle county soils 

(Pautler & Sims, 2000). At the shallow depth, Mehlich-3 P content is very high (192 

mg kg-1; Table 3.1) which is more than 6 times higher than the average agronomic soil 

test phosphorus (STP; i.e., Mehlich-1) in the region (30 mg kg-1; Pautler & Sims, 

2000). Similarly, the NaOH-Pi pool accounted for > 50% of TP content of soils (see 

Table 3.1 and Figure 3.3 a). This Pi pool, which is considered as P tightly bound to Fe 

and Al minerals (Hedley et al., 1982; Tiessen et al., 1984; Wager et al., 1986), is the 

major sink of P in slightly acidic soils (Tiessen et al., 1984; Guo et al., 2000; Joshi et 
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al., 2016). These results suggest shallow depth soils are highly P saturated and may 

promote precipitation or formation of acid-P pools.   

The isotopic compositions of acid-P pools provide further evidence of their 

potential sources in an agricultural soil. The δ18OP values of HCl-Pi in the soil varied 

within a narrow range (between 20.2−21.9‰) over the entire depth (0−105 cm) but 

were slightly heavier than the calculated depth-equilibrium trend (Figure 3.3e). In 

contrast the isotopic compositions of HCl-Pi in non-agricultural and agricultural soils 

measured so far have been found to include a wider range (between 5.6−21.3‰) 

depending upon P sources and biogeochemical processes on the formation of these P 

pools (Zohar et al., 2010b; Angert et al., 2011, 2012; Tamburini et al., 2012; Joshi et 

al., 2016). Also note that the 18OP values of HCl-Pi from geological sources should be 

much lighter (Ayliffe et al., 1992; Jaisi and Blake, 2010; Angert et al., 2012; 

Tamburini et al., 2012). For example, volcanic apatite minerals have the lowest range 

of isotopic compositions (5.3–7.0‰; Taylor, 1968; Mizota et al., 1992). The isotope 

values become heavier during weathering and dissolution/re-precipitation of primary 

apatite from draining meteoric waters (Singer et al., 1991). However, biological 

cycling will change the P pool composition (most likely to NaHCO3-Pi or NaOH-Pi) as 

well as the isotope composition of these pools (Joshi et al., 2016). These lines of 

evidences suggest that the HCl-Pi pool extracted from the study site even at higher 

depths (105 cm) is not of geogenic (source rock under the soil horizons) origin but 

rather precipitated from anthropogenic P sources (i.e., applied P for crops in soils). 

Interestingly, δ18OP values of HCl-Pi are very similar to that of NaOH-Pi (Figure 3.3d) 

even though there are some mismatches at certain depths. This suggests that NaOH-Pi 

acts as the potential precursor P pool which may precipitated or transformed into HCl-
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Pi. Given that HCl-Pi and NaOH-Pi pools have two distinct P forms (as HCl-Pi 

includes amorphous or crystalline Ca-P minerals and NaOH-Pi includes strongly 

sorbed, occluded and precipitated P with Fe and Al oxides), it is intuitive to discuss 

the potential mode of this transformation. 

The δ18OP values of HNO3-Pi in the soil varied within a narrow range (between 

19.5−21.9‰) over the entire depth (0−105 cm) (Figure 3.3f). Although these values 

are heavier near the surface and at 50 to 60 cm, they were within the calculated 

equilibrium isotopic compositions at the intermediate depths. This result suggests that 

at the intermediate depths, microbially cycled P or a certain fraction of this P pool is 

potentially transferred into the HNO3-Pi pool. In fact, δ18OP values of HNO3-Pi are 

more similar to that of NaOH-Pi pools (Figures 3.3d, f) and show a similar trend with 

depth, suggesting NaOH-Pi pools offer a stronger potential precursor for the HNO3-Pi 

pool (see below for additional evidence from elemental composition).  NaOH-P (i.e., 

tightly bound P to Fe and Al minerals) is the major sink of P in the soil, which is 

considered as moderately bioavailable or unavailable depending upon soil P 

conditions and plant efficiency of P uptake (Tiessen et al., 1983; Zhang & MacKenzie, 

1997; Guo et al., 2000). This P pool acts as an intermediate between dissolved or 

loosely sorbed (H2O-P and NaHCO3-P) and acid-P (HCl-P and HNO3-P) pools.  

Evaluation of the relationship of P with Fe, Al, and Ca in HCl and HNO3 

extracted solutions provides additional insights into potential sources and modes of 

transformation. High concentration of Ca in HCl extracted solution over the entire soil 

depth indirectly supports that HCl dissolves primarily crystalline Ca-P minerals such 

as apatite. The concentration of phytate in HCl extracted solution is expected to be low 

(Mingjing Sun; personal communication). This result is consistent with the literature 
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that suggests HCl-P corresponds to crystalline Ca-P minerals such as apatite (Tiessen 

et al., 1983; Tiessen & Moir, 1993). Several other studies using the P K-edge XANES 

method on soil residue with or without HCl extraction also support removal of Ca-P 

by HCl (e.g., Beauchemin et al., 2003; Kar et al., 2011; McLaren et al., 2015). 

Although HCl dissolves primarily Ca-P minerals, high concentration of Fe and Al in 

HCl extracted solutions (Figure 3.4b, c, d) suggest dissolution of additional soil 

minerals (primarily not associated with Ca) by HCl. Similar results have been reported 

in the literature (e.g., McLaren et al., 2015). This could be some crystalline Fe and Al 

oxides or silicates that are not extracted by 0.5 mol L-1 NaOH. Similarly, HNO3 

extracts a high amount of Fe and Al and a negligible amount of Ca (Figure 3.4g, h, i). 

However, the overall trends of extracted Fe, Al, and Ca were similar, suggesting 

potential dissolution of secondary clay minerals and Fe and Al minerals during 

extraction. Dissolution of clay minerals, mica and kaolinite, is also supported with 

quantitative micro-XRD by a consistent decrease during HNO3 extraction (Table 3.2). 

Furthermore, the amount of amorphous mineral content increased in the residual 

minerals after NaOH to HCl to HNO3 extractions. This could likely result from the 

supersaturation of ions and corresponding precipitation of extracted solution during 

freeze-drying before XRD measurement. Given that fate of P in soils is controlled by 

amorphous minerals and those with high reactive surface area, absence of an 

appropriate method to quantify these minerals limits quantitative understanding of the 

composition of these minerals that are not extracted by 0.5 mol L-1 NaOH but dissolve 

in 1 mol L-1 HCl, and the residual minerals that dissolve in 10 mol L-1 HNO3. 
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3.5.2 Mechanisms of P transformation and formation of acid extractable P 

Isotopic compositions of Pi pools (NaOH-Pi, HCl-Pi, and HNO3-Pi) and 

concentrations of P, Fe, Al, and Ca in HCl and HNO3 extracted solutions provide 

mechanistic insights into P transformation or precipitation of acid-P pools. Continuous 

application of P fertilizer increases the HCl-P pool and the formation of this P pool at 

the expense of other P pools has been interpreted from its changing concentration with 

time (McKenzie et al., 1992; Richards et al., 1995; Lehmann et al., 2005). However, 

identifying the pathways and mechanisms that lead to the formation of HCl-P has been 

either interpreted or empirically defined because of the inability of concentration-

based data to identify the mechanism. Recently, using 18O-labeled phosphate in an 

agricultural soil, active P transformation of readily available P (H2O-Pi and NaHCO3-

Pi) into moderately available (NaOH-Pi) and finally into P precipitates such as apatite 

(HCl-Pi) in soil was identified (Joshi et al., 2016). As discussed above, our results 

from this study are consistent with Joshi et al. (2016) and confirm that the NaOH-Pi 

pool is primarily transformed and precipitated as HCl-Pi. This extends the application 

of natural abundance of isotopes to address P pool transformation.   

Strong acids extract P primarily occluded within more crystalline Fe and Al 

minerals and P retained in primary or secondary silicate minerals. A high 

concentration of HNO3-Pi in our study site suggests that continuous application of P 

fertilizer resulted in the formation of a highly recalcitrant P pool. Similar isotopic 

compositions of HNO3-Pi and NaOH-Pi pools suggest NaOH-Pi as the primary pool 

that transformed or precipitated as HNO3-Pi in the shallow and deeper soils. The near 

absence of Ca in HNO3-Pi but higher concentrations of Al and Fe that are positively 

correlated with P (Figures 3.5 and 3.6) is consistent with the interpretation that NaOH-

Pi, but not HCl-Pi, transforms into HNO3-Pi. Thus it is intuitive to imagine that over 
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time slow adsorption of P in Fe and Al oxide and clay minerals, controlled primarily 

by diffusion processes, crystallinity, and particle morphology (Parfitt, 1989; Torrent et 

al., 1992; Arai & Sparks, 2007) makes a fraction of this P pool unavailable for the 

NaOH reagent. Both neither the slow transformation of the NaOH-Pi pool and surface 

precipitation (Arai & Sparks, 2007) alter its original isotopic composition, except 

minor kinetic fractionation (Jaisi et al., 2010), which are expected to be insignificant 

in soil environments. Given that the NaOH-Pi pool is largely not bioavailable, 

transforming it into an even more recalcitrant P pool locks in its isotopic signatures 

(e.g., Jaisi & Blake, 2010; Joshi et al., 2015). A suite of physicochemical processes in 

soils might have promoted physical entrapment or occlusion of NaOH-Pi or 

precipitation of amorphous Fe and Al-Pi minerals, preserving the isotopic 

compositions of NaOH-Pi. Overall, it is reasonable based on the present and past 

observation to conclude that the HNO3-Pi pool is transformed almost entirely from 

NaOH-Pi. 

3.5.3 Leaching of phosphorus to deeper soil horizons 

Irrespective of soil depth, isotopic compositions of HCl-Pi varied within a 

narrow range (between 20.2−21.9‰) but are largely lighter  (by 0.5−1‰) than the 

equilibrium isotopic composition (Figure 3.3 e). As δ18OP values of HCl-Pi are locked 

in and are not biologically cycled (Jaisi & Blake, 2010; Joshi et al., 2015), any 

biological cycling will remove P from HCl-Pi into other readily bioavailable forms. 

The similar isotopic compositions of HCl-Pi suggest physical movement of particle 

bound P from surface soil into deeper soil. This is similar to past studies which report 

significant amounts of P may be transported into deeper soil horizons in the dissolved 

or particulate forms (Sims et al., 1998; Heathwaite & Dils, 2000; McDowell & 
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Sharpley, 2001; de Jonge et al., 2004; Kleinman et al., 2015). Vertical transport is 

largely controlled by soil type and structure, physical disturbance of surface soil (e.g., 

tilling), sorption and desorption processes, and water transport mechanisms (de Jonge 

et al., 2004; Djodjic et al., 2004; Schelde et al., 2006; Kleinman et al., 2015; Toor & 

Sims, 2015). Although the leaching of P from surface soil into deeper soil is known 

from a series of field and laboratory column studies, mechanistic understanding of 

particular P pools and P forms (particulate, colloidal, and dissolved) and 

biogeochemical processes such as uptake and recycling of P during vertical transport 

of P is largely unknown. This is the first study that applied natural abundance of 

oxygen isotope ratios of soil Pi pools to identify the process of soil P leaching. Vertical 

profiles of δ18OP values of the HCl-Pi pool at shallow depth are impacted from 

physical mixing because the soil is chisel-ploughed (~30 cm) every year. There are 

three possibilities: i) HCl-Pi and HNO3-Pi are formed in shallow soil and later migrate 

in deeper soil, ii) transformation of NaOH-Pi occurred at different depths after NaOH-

Pi migrated to those depths, and iii) downward movement of dissolved P underwent a 

series of transformations to form these P pools. In situ precipitation of HCl-Pi at 

different depths from the same P source will result in locking in of the 18OP values. 

But any biological cycling such as that of dissolved P during vertical migration, will 

change the isotope composition towards equilibrium. Given that Ca-P minerals are not 

often in the nano- to colloidal- size range, the possibility of precipitated Ca-P minerals 

migrating downward in the soil column is relatively low. However, Fe and Al oxides 

are most commonly present in nano- to colloidal- size range, making it likely that 

NaOH-Pi and HNO3-Pi pools might have migrated as intact minerals or NaOH-Pi 

transformed into HNO3-Pi at certain depth. These lines of possibilities are consistent 
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with the implications made in several other controlled and field studies (e.g., Uusitalo 

et al., 2001; de Jonge et al., 2004; Jiang et al., 2015). However, further research 

focused on the mode and mechanism of transport in the soil column is required to 

constrain the mechanism and explicit understanding on the form of leaching of a 

specific P pool. 

3.6 Conclusions and implications 

Our understanding on the sources and mechanistic understanding of P that 

generates acid extractable Pi pools (i.e., HCl and HNO3) in soils are poorly 

understood. These P pools constitute a significant proportion of the total P, generally 

>30% in moderately weathered soils, but could be >80% in soils that are strongly 

weathered or derived from volcanic parent material (Turner et al., 2005; Condron & 

Newman, 2011) and intermediate values are normally found in agricultural soils. 

Other studies claim that long-term recovery of P applied to soils may be as high as 

90%, assuming that fixed P in the soil transfers into available forms (Syers et al., 

2008), this condition is anticipated to be less likely in agricultural soils where external 

sources of easily bioavailable P are constantly added, often beyond the crop P removal 

rate. There are, however, several indirect mechanisms that plant roots may act on to 

dissolve and thus access acid-P pool, including release of protons and low-molecular-

weight organic acids, microbial metabolites, or root exudates, or through symbiotic 

relationships with specific microorganisms but most often under P starvation or under 

low P conditions (Guo et al., 2000; Hinsinger, 2001; Richardson, 2001; Khan & 

Joergensen, 2009; Richardson & Simpson, 2011). Thus exploitation of these 

physicochemical or biological routes to extract recalcitrant P pools into plant available 

forms benefits both saving a declining natural resource as well as limiting P loss into 
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open waters. The paucity of research on the pathways of formation as well 

composition of the acid-P pool has limited our ability to fully understand P dynamics 

and thus provide scientific grounds for efficient management of soil P resources. 

Understanding developed from this study on the sources, mechanisms, and 

pathways of HCl-Pi and HNO3-Pi formation in soil provides critical information that 

could be used either to minimize or slow down the transformation of P into more 

recalcitrant P pools or otherwise explore avenues to mobilize these P pools. On the 

methodological front, our results provide strong evidence that the stable isotope 

method goes beyond operationally defined P pool speciation and aids in developing 

mechanistic understanding on the formation of acid-P pools. It is hoped that 

application of new tracers that are more specific to reactions and processes will 

catalyze new research efforts and thus enhance our understanding from classically 

operationally-defined P pools to functionally-defined P speciation in soils. 
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DISTINCT PATHWAYS OF PHOSPHORUS CYCLING IN THE UPSTREAM 

AND DOWNSTREAM SECTIONS OF A CREEK IN AN AGRICULTURAL 

RUNOFF DOMINATED WATERSHED 

4.1 Abstract 

Phosphorus (P) loss from agricultural fields is a major non-point P source that 

causes environmental problems such as eutrophication in open waters. However, the 

effects of active P load from agricultural fields as well as legacy P in the watershed on 

build-up of sediment P pools and the impact on biogeochemical cycling of P are 

poorly understood largely due to methodological limitations that constrain and track P 

sources and biogeochemical processes. This, in fact, has been a major obstacle 

preventing the accurate assessment of nutrient loads released to open waters and 

ecosystems. In this study, we analyzed concentrations and phosphate oxygen isotope 

ratios (18OP) in dissolved and suspended particulate matter P in the surface water, 

pore water, and sediment P pools in river bed along two district zones (agricultural 

runoff dominated headwater and wetland dominated mouth) of East Creek, a tidal 

tributary of the Chesapeake Bay. Our results show high concentrations of dissolved 

inorganic (Pi) and organic P (Po) in the water column and pore water as well as high 

particulate and sediment Pi in the headwater region, suggesting the role of P loading 

from agricultural fields as well as from other potential legacy sources and 

biogeochemical processes that release P. Concentrations of all of these P pools in the 

wetland zone was low and the trend of pore water P concentration was in fact opposite 

Chapter 4 
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to that of the headwater region and impacted by advancing tides both in surface and 

subsurface waters. Isotopic compositions of pore water and sediment P pools 

suggested dominance of the remineralization pathway of P cycling in the headwater 

region and overall complete biological cycling of pore water P in the wetland region. 

New insights gained from these findings on the sources and cycling of P are expected 

to be helpful to control P loss and improve water quality issues in the Chesapeake 

Bay. 

4.2 Introduction 

Phosphorus loss from agricultural fields is considered as the major source of 

non-point P pollution in open waters. Most often, P applied as commercial fertilizer or 

animal waste is incompletely taken up by crops. In the Delmarva Peninsula, a long 

history of farming and extensive application of commercial fertilizer and manure 

beyond the crop requirement has resulted in the build-up of soil P [Sims et al., 2000]. 

Furthermore, intensive poultry production in the region also has added P in soils and 

resulted in the accumulation of legacy P in the soil and the watershed [Kleinman et al., 

2012; Sharpley et al., 2013]. An increase in soil P, in turn, has increased the 

vulnerability of P loss by leaching and surface runoff. Depending on hydrologic 

connectivity, this P is carried downstream by rivers and released to larger water bodies 

such as lakes, estuaries, and bays, and can lead to further deterioration of water quality 

by contributing to surface water eutrophication and bottom water dead zones.  

Most often, riverine systems are considered transport routes for nutrients and 

physicochemical and biogeochemical processes within the water column and 

sediments are largely ignored. Since sedimentary burial is the main mechanism of P 

removal from waters, understanding P sequestration by river bed sediments and the 



 84 

eventual fate of buried P are important to identify the extent to which the sediments 

can be a temporal or long-term sink for P. Several past studies indicate the variable 

extent of P burial and mobilization. For example, only a small portion (1‒5%) of 

particulate P (PP) entering the oceans is permanently buried in sediments [Anschutz et 

al., 1998; Benitez-Nelson, 2000] primarily because a substantial amount of 

sedimentary PP can still be converted to soluble P that escapes to the water column [Li 

et al., 2016a]. The extent of burial was found to be slightly higher (~30%) in the 

shallow Aarhus Bay in Denmark [Jensen et al., 1995]. In a comparative study of 

sediments from the Atlantic, Canadian, and Portuguese continental margins and the 

anoxic region of the Chesapeake Bay, 20‒30% of total P buried in the sediment was 

found to be remobilized to the overlying water [Anschutz et al., 1998]. The extent of 

burial and remobilization, however, cannot be compared among rivers in different 

geographical regions without considering their hydrodynamics, salinity, sediment 

type, nutrient load, and degree of nutrient saturation on sediment sorption sites, among 

other factors. However, since P can be more effectively retained in freshwater 

sediments than in marine sediments [Callender, 1982; Fox, 1989; Caraco et al., 1990; 

Chambers and Odum, 1990; Jensen et al., 1995; Jordan et al., 2008], it is important to 

understand the role of river bed sediment on P burial as well as the potential for 

exchange with the water column so that the long-term fate of P in the sediment can be 

better understood.  

The fate of P transported by rivers also depends on the form of P. For example, 

PP in the suspended matter is the most dominant form of P in the water column, and 

likely deposits in the river bed sediments [Svendsen et al., 1995; Ballantine et al., 

2009]. Similarly, over 90% of P transported by rivers to estuaries and coastal waters is 
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PP [Froelich et al., 1988; Föllmi, 1996]. Thus, both current and legacy P in the 

sediment could be derived primarily from PP deposition [Sharpley et al., 2013]. 

Dissolved P, however, may leach into deeper soils and be carried by subsurface water 

to rivers via shallow lateral flow or base flow. For example, shallow subsurface flow 

has been identified as a key pathway of P transport from heavily manure applied fields 

to ditches in the coastal plain of the Delmarva Peninsula [Kleinman et al., 2007]. The 

biogeochemical processes within the sediment may release Pi into the pore water. The 

two major biogeochemical processes that increase sediment pore water Pi 

concentration are the remineralization of organic matter and the reductive dissolution 

of Fe(III) oxyhydroxide particles and subsequent release of Pi. The large gradients in 

pore water P concentration within the sediment column and between surface sediment 

and water column creates a diffusive flux of P into the surface waters [House and 

Denison, 2002]. Therefore, it is critical need to understand the biogeochemical 

processes including P redistribution within the river bed sediments to develop better 

assessment of the magnitude of P release across the sediment-water interface. 

The impact of continued P loss from agricultural fields, both current as well as 

legacy P sources on the build-up of sediment P pools, and biogeochemical cycling of P 

are poorly understood. This, in fact, has been listed as a major obstacle preventing 

accurate assessment of nutrient loads released to the different open waters and 

ecosystems and devising appropriate watershed management plans [Sharpley et al., 

2013]. One major challenge in this assessment is the lack of inherent tracers for 

analyzing P sources and cycling [Karl, 2000]. Classical approaches for quantifying the 

role of different P sources such as mass flux and export budgets, temporal and spatial 

P concentrations, and other indirect tracers are unable to track P sources and identify 
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biogeochemical processes [Davies et al., 2014] because the history of individual P 

sources can be muddled by both P cycling and mixing of P from different sources  

[Jaisi and Blake, 2014]. Phosphate oxygen isotope ratios of P pools could be a 

powerful tracer as this has been successfully applied to identify sources and cycling of 

P in soils and sediments [Jaisi and Blake, 2010; Zohar et al., 2010; Angert et al., 

2011, 2012; Joshi et al., 2015, 2016]. The objective of this study is to understand the 

impact of P loads in an agricultural runoff dominated watershed on P speciation in 

water column and sediment P pools in the headwater region and compare to that of the 

wetland region of East Creek, a tidal tributary of the Chesapeake Bay. 

4.3 Materials and methods 

4.3.1 Sampling sites 

East Creek, a tidal tributary of the Chesapeake Bay, is located in Somerset 

County, Maryland (Figure 4.1). The creek stretches about 10 km and drains runoff 

derived primarily from agricultural fields to the bay. The sediment sampling sites span 

from a ditch draining agricultural fields to the mouth of the creek at the bay. The long-

term presence of concentrated poultry production and historical application of P (both 

inorganic fertilizer and poultry manure) on agricultural fields beyond crop removal 

rates have caused buildup of legacy P [Cabrera and Sims, 2000; Sims et al., 2000] at 

this site to some of the highest concentrations in the region [Coale and Layton, 1999]. 

Being located in a critical source area (Eastern Shore of the Chesapeake bay) for 

nutrient release that is hydrologically connected to the Chesapeake Bay, this 

watershed provides a unique opportunity to explore the role of P load on sediment P 

speciation, including retention and remobilization from sediments. 
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Figure 4.1 Map of East Creek and locations of water and sediment core sampling sites 

(adapted from Stout et al., 2016). 

4.3.2 Collection and characterization of sediment and water samples 

Sediment cores were collected from twelve sites along the creek using a 

vacuum core sampler by retracting a piston inside a 7.6 cm liner as described in Upreti 

et al. (2015). This method was found to recover loose, unconsolidated sediments, and 

pore water with a >95 % success rate. Once retrieved, sediment cores were stored in 

sealed liners on ice during transport to the laboratory. On returned to the laboratory, 

cores were immediately sliced into 2 cm depth intervals and pore water was extracted 

by centrifugation (12000  g; 50 min). About 1 mL of pore water sample from 

selected depth intervals was collected in separate air tight vials and kept frozen for 

measurement of pore water oxygen isotope ratios (18OW). Remaining pore water was 

saved for measurement of 18OP. All collected sediment samples were immediately 

freeze dried, thoroughly mixed and homogenized, ground, and size separated. The 

samples were size separated to < 212 µm as to be consistent with smaller size fractions 
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recommended in literature [e.g., Hedley et al., 1982; Psenner et al., 1988; Ruttenberg, 

1992] and to avoid incomplete extraction of targeted P pools. All further processing, 

measurements and analyses were performed on this size fraction of the sediments.  

Surface water immediately above the sediment core locations was also 

collected from all sites. Volume of sample varied by site based on our preliminary 

analyses and was within 8 to 64 L. Suspended particles in the surface water were 

separated by centrifugation (12000  g; 50 min) and then freeze dried before 

sequential extraction of P pools (see below). Concentrations of Pi in pore water and 

surface water samples were measured by using the phosphomolybdate blue method 

[Murphy and Riley, 1962]. Total P (TP) in the pore water samples was measured by 

inductively coupled plasma optical emission spectrometer (ICP-OES) in the Soil 

Testing Laboratory at the University of Delaware. However, TP in surface water 

samples was measured after persulfate digestion [Rowland and Haygarth, 1997] 

followed by measurement using the colorimetric method [Murphy and Riley, 1962]. 

4.3.3 Extraction of phosphorus pools in suspended particulate matter and 

sediments 

Sequential extraction was performed on sediment and suspended particulate 

matter to differentiate and quantify P pools. Four sediment P pools (H2O-Pi, NaHCO3-

Pi, NaOH-Pi, and HNO3-Pi) and three particulate P pools (NaHCO3-Pi, NaOH-Pi, and 

HNO3-Pi) were sequentially extracted using the Hedley et al. (1982) method slightly 

modified by Tiessen et al. (1984). We included additional rinsing steps (with 0.5 mol 

L-1 NaHCO3 and H2O after a particular reagent) following the modification adopted in 

Joshi et al. (2016) in order to limit the redistribution of extracted P [Ruttenberg, 1992]. 

Concentration of Pi in each pool was quantified by using the phosphomolybdate blue 
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method [Murphy and Riley, 1962] and further processed for purification before isotope 

analysis. 

4.3.4 Sample purification and silver phosphate precipitation 

Surface water, pore water, and extracted solutions from sediment and 

suspended particulate matter were purified before silver phosphate precipitation. All 

samples were first treated with non-ionic, macro-porous DAX 8 SuperliteTM resin to 

remove dissolved organic matter (DOM). The surface water and extracted solutions 

from the sediment were processed to reduce volume and to concentrate Pi by the 

magnesium induced co-precipitation (MagIC) method [Karl and Tien, 1992]. MagIC 

pellets were dissolved in 0.5 mol L-1 HNO3 and the samples were once again passed 

through DAX resin to remove any organic matter remaining in the solution. Before 

purification, pore water samples collected from different depths were combined into 

four depth intervals (0−10, 12−20, 22−30 and 32−40 cm) to achieve enough Pi content 

for silver phosphate precipitation. All samples were evaporated in a water bath <70 °C 

to concentrate Pi and were processed through sequential precipitation steps following 

methods based on Jaisi and Blake (2010, 2014) but slightly revised and elaborated (for 

this work see Chapter 2). In brief, phosphate was precipitated as ammonium 

phosphomolybdate (APM) at low pH, rinsed to remove ions soluble at low pH, and 

APM precipitates were then dissolved using ammonium citrate. This dissolved 

phosphate aliquot was then precipitated as magnesium ammonium phosphate (MAP) 

at high pH, rinsed to remove ions soluble at high pH, and dissolved in HNO3. After 

dissolution of MAP precipitates, the solution was adjusted to neutral pH and treated 

with cation resin (AG50W-X8, BioRad) to remove cations, primarily Mg+2 and NH4+. 
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The purified Pi was finally precipitated as silver phosphate, the ultimate analyte for O-

isotope measurement. 

4.3.5 Measurement of phosphate and water oxygen isotope ratios 

Phosphate and water oxygen isotope ratios water were measured in the 

laboratory at the University of Delaware. All phosphate oxygen isotope ratios in silver 

phosphate were measured by using a Thermo-Chemolysis Elemental Analyzer 

(TC/EA) coupled to a Delta V continuous flow isotope ratio mass spectrometer 

(IRMS, Thermo-Finnigan, Germany; precision of 0.3‰). Measured isotopic values 

were calibrated against YR1-1aR2 and YR3-2 standards that were originally calibrated 

using a conventional fluorination method [Vennemann et al., 2002]. 

Water oxygen isotope ratios (δ18OW) were measured by using a GasBench 

(Thermo Scientific) coupled to the IRMS. First, 0.3 mL water samples were injected 

into a 12 mL round-bottom borosilicate Exetainer (prefilled with 0.3 mL L-1 CO2 in 

He) and isotopic equilibration of CO2-H2O was performed in a GasBench for 24 h at 

26.2 C.  Then δ18OCO2 in the headspace was measured using an IRMS. The δ18Ow 

values were calculated based on the fractionation factor between CO2 and H2O (Cohn 

and Urey, 1938). Two USGS water standards (δ18Ow values of -9.25 and -1.25‰) 

were used to calibrate the measured δ18Ow values. 

4.4 Results 

4.4.1 Dissolved phosphorus in the surface water 

Concentrations (Pi and Po) and isotopic compositions of Pi in the surface water 

from sites near the agriculture-dominated region headwater (J, K, and L) and wetland 

region near the bay (A, B, and C) are shown in Figure 4.2 (a, b). Concentrations of 
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both Pi and Po were highest in the sites in the agricultural ditch and nearby sites of the 

agricultural fields but decreased sharply in the sites towards the bay.  For example, Pi 

concentration at Site L (located in a drainage ditch by the agricultural fields) was 18 

µmol L-1, almost one log order higher than the P concentration at site A (at the mouth 

of creek) (2 µmol L-1). The Pi concentrations in the ditch varied from 23 to 55 µmol 

L-1 depending on tide season, pH and phytoplankton blooms [Upreti et al., 2015; Bear, 

2016]. All sites in the ditch next to the agricultural field were dominated by dissolved 

P with this pool comprising 61 to 83% of total P. Dissolved Po concentration in the 

main channel of East Creek varied from 0.7 to 3.6 µmol L-1.  

The isotopic compositions of dissolved Pi in the surface water from the sites 

near the agriculture-dominated region (J, K, and L) varied from 19.2 to 22.7‰ (Figure 

4.2 b). Near the bay due to low concentration of Pi, isotopic composition could not be 

determined. Interestingly, δ18OP values of dissolved Pi in the agriculture-dominated 

headwater region are within the range of equilibrium isotopic compositions, calculated 

following Chang and Blake, (2015), based on measured surface water oxygen isotopes 

and temperature at the time sampling as well as temperature variation within a month 

(15 days before and after sampling). The exception to this is the site L, where δ18OP 

values are about 1.5‰ heavier than the equilibrium values. 
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Figure 4.2 Concentrations of Pi and Po in water samples collected from sites in the 

wetland region near the bay (A, B, and C) and the agriculture-dominated 

region in the headwater (J, K, and L) (a) and isotope values of dissolved 

Pi in water samples from the sites near the agricultural fields (b). The 

dark dotted line indicates equilibrium δ18OP composition calculated from 

measured water δ18OW values and temperature at the time of sampling 

and the shaded region corresponds to that of monthly temperature 

average of the sampling month. 

4.4.2 Concentration and isotopic composition of P pools in suspended 

particulate matter 

The concentrations and isotopic compositions of Pi pools (NaHCO3-Pi, NaOH-

Pi, and HNO3-Pi) in suspended particulate matter collected from sites near the 

agriculture dominated region in the headwater (J, K, and L) and the wetland region 

near the bay (A, B, and C) are shown in Figure 4.3 (a, b). The NaHCO3-Pi and NaOH-

Pi are two major Pi pools in suspended particulate matter in the sites near the fields. In 

general, the trend of total Pi in these pools decreased towards the bay, similar to that of 

dissolved P. The suspended particulate matter at Site K was the highest in both 

NaHCO3-Pi (45 µmol g-1) and NaOH-Pi (60 µmol g-1). Although these Pi pools 
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decreased significantly towards the bay, the relative decrease in NaOH-Pi was 

proportionally higher than that of the NaHCO3-Pi pool. For example, NaHCO3-Pi and 

NaOH-Pi pools in site A decreased by 68 and 92%, respectively, compared to those 

at site K. However, the amount of P in the HNO3-Pi pool was relatively similar in all 

studied sites.  

Separation, purification, precipitation of silver phosphate and analysis of the 

isotopic compositions of NaHCO3-Pi and NaOH-Pi pools from suspended particulate 

matter was challenging due to high concentration of contaminants and low Pi 

concentration. For example, low Pi in both NaHCO3 and NaOH extracted solutions 

limited the measurement of isotopic compositions in these Pi pools from wetland sites 

near the bay. The δ18Op values of NaHCO3-Pi from headwater sites ranged from 18.1 

to 18.8‰ and were within the range of equilibrium isotopic compositions calculated 

according to Chang and Blake, (2015) as explained in section 4.4.1. However, the 

δ18Op values of NaOH-Pi pool are slightly heavier (1.5−2‰) than equilibrium 

isotopic compositions. 
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Figure 4.3 Phosphate (Pi) pools in the suspended particulate matter in creek water at 

sites in the wetland region near the bay (A, B, and C) and the agriculture-

dominated region in the headwater (J, K, and L) (a) and their 

corresponding isotopic compositions (b). The equilibrium isotope values 

and range are the same as in Figure 4.2. 

4.4.3 Isotopic composition of oxygen in the pore water 

Isotopic compositions of oxygen (18OW) in surface water and sediment pore 

water measured from the sites near the agriculture-dominated region in the headwater 

(J, K, and L) and wetland region near the bay (A, B, and C) are shown in Figure 4.4. 

The surface water 18OW values range between -2.7 to -3.1‰ with heavier isotopic 

values in the sites near the bay compared to the headwater region. The overall trend of 

pore water 18Ow values was similar for all sites i.e., heavier 18OW values in the 

shallow depth samples (< 20 cm) and became lighter with increasing depths. Similarly 

to surface water 18OW values, the 18OW values of pore water were heavier in the sites 

near the bay compared to the agriculture-dominated region in the headwater. For 

example, 18OW values of pore water at site A range between -2.2 to -3.2‰ at four 

different depth intervals (0−12, 12−22, 22−32, and 32−42 cm). On the other hand, 
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18OW values of pore water samples at site L were -3.7 and -4.6‰ at 0 to 12 and 12 to 

18 cm depth intervals, respectively. 
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Figure 4.4 Water oxygen isotope ratios in the pore water at selected depths from sites 

in the wetland region near the bay (A, B, and C) and the agriculture-

dominated region in the headwater (J, K, and L). Depth < 0 cm means the 

surface water in the creek. The line traces are showing the trends and not 

actual fitting results.  

4.4.4 Concentration and isotopic composition of dissolved phosphate in the pore 

water 

Concentrations of dissolved Pi in the pore water and isotopic compositions 

from sites in the headwater region (J, K, and L) and wetland region near the bay (A, B, 

and C) are shown in Figure 4.5. The pore water Pi concentration profiles show 
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distinctly different trends in sites near the bay compared to sites near the agriculture-

dominated region. In general, sites near the bay show low Pi concentration in the 

shallow depths and steadily increasing Pi concentrations with depth. In contrast, sites 

near the agriculture-dominated region show very high Pi concentrations (50‒200 µmol 

L-1) in the shallow depths (up to 15 cm) and then rapidly decrease as the depth 

increases.  

The 18OP values in sediment pore water Pi varied widely (from 15.1−23.5‰) 

but with distinctly different trends in the sites in the wetland and headwater regions, 

and when compared with the calculated equilibrium isotopic composition, show 

interesting trends, calculated from measured pore water 18OW values of -2.25 to -

3.69‰ (Figure 4.4) and a temperature of 17 ºC at 0 to 12 cm depth according to Chang 

and Blake (2015). The 18OP values of pore water Pi in sites near the bay were mostly 

within equilibrium isotopic composition suggesting complete microbial cycling of 

pore water Pi. On the other hand, the 18OP values of pore water Pi from sites L and K 

were distinctly lighter (~ 2−4.5‰) than the calculated equilibrium isotopic values, 

potentially indicating isotopic signatures of manure applied in the agricultural fields 

and/or remineralization of organic matter (see below for detail). 
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Figure 4.5 Concentrations and isotopic compositions (sites in the wetland region near 

the bay (A, B, and C) (i) and the agriculture-dominated region in the 

headwater (J, K, and L) (ii)) of pore water phosphate. The dark dotted 

line indicates equilibrium δ18OP composition calculated from measured 

pore water δ18OW values and temperature at the time of sampling and the 

shaded region corresponds to that of monthly temperature average of the 

sampling month.  



 98 

4.4.5 Phosphorus pools in the sediments 

Concentrations of Pi (H2O-Pi, NaHCO3-Pi, NaOH-Pi, and HNO3-Pi) pools in 

the surficial sediment (0−2 cm) on the bottom of the creek in the sites near the 

agricultural fields (J, K, and L) and the bay (A, and C) are shown in Figure 4.6. The 

results show that the ditch sediments (sites K and L) had very high concentrations of 

Pi pools as expected from high pore water P as well dissolved P in the water column 

(see above). In contrast, the main channel sediments (Sites A, C, and J) had low 

concentrations of each Pi pool. Interestingly, distribution of Pi pools in the sediment 

varied among sites and did not follow a particular trend. For example, NaHCO3-Pi and 

NaOH-Pi were dominant Pi pools in the ditch sites K and L. But HNO3-Pi pool was 

dominant at site A. H2O-Pi made up a very small percentage of Pi at each site. This 

variable distribution could suggest the role of localized creek channel morphology, 

hydrology, and biogeochemical processes that have larger impacts on deposition and 

resuspension of suspended particulate matter, and remineralization and remobilization 

of sedimentary P (see discussion below). 
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Figure 4.6 Concentrations of sediment Pi pools (H2O-Pi, NaHCO3-Pi, NaOH-Pi, and 

HNO3-Pi) in the river bed sediment (0‒2 cm) in the wetland region near 

the bay (A, and C) and the agriculture-dominated region in the headwater 

(J, K, and L). 

4.5 Discussion 

4.5.1 Phosphorus loss from land and transport and cycling in the water column 

Pore water oxygen isotope ratios provide additional insights into the direction 

of groundwater flow as well as the contribution of coastal waters into the groundwater. 

Based on the trend of the pore water 18OW values (Figure 4.4), subsurface flow of the 

groundwater appears to be dominated mainly by the agricultural region towards the 

wetland region. The heavier isotope values of the pore water in the deeper sediment 

column (>15 cm) at sites A and B suggest the mixing of incoming bay water with the 

subsurface ground water from highlands compared to sites J and L. Our result of the 

surface water 18OW values at site A, in the wetland region, lies within the trend the  
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18OW values of the surface water along the salinity gradient in the Chesapeake bay [Li 

et al., 2016b]. 

Higher concentrations of dissolved P (both Pi and Po) in surface water and Pi 

pools (NaHCO3-Pi, NaOH-Pi, and HNO3-Pi ) in suspended particulate matter in the 

headwater region compared to the wetland region near the bay suggests agricultural 

fields as a potential source of P (both dissolved and PP). High dissolved P 

concentration in the ditch (site L) near the fields is most likely due to shallow 

subsurface input of groundwater with high P concentration which is also supported by 

pore water 18OW values. The lighter 18OW values of pore water at site L compared to 

other sites (see Figure 4.4) and 18OW values of pore water becoming even lighter with 

depth in all sites most likely resulted from subsurface input of shallow groundwater in 

the deeper sediment section. The surface water including ditch water undergoes 

evaporation and Raleigh type fractionation results in isotope enrichment in the residual 

water. On the other hand, rainwater that percolates to groundwater is not impacted 

from evaporation and is expected to be lighter than the surface water. In fact, 

subsurface transport in the flat land surfaces of heavily manure applied fields in the 

Delmarva Peninsula has been increasingly realized as a major transport pathway of P 

[Mozaffari and Sims, 1994] and the highest potential of vertical leaching was 

identified in fine textured soils [Kleinman et al., 2015]. Similarly, shallow subsurface 

lateral flow from the fields to ditches has also been identified as a key pathway of P 

transport [Kleinman et al., 2007]. Agricultural fields in this region are extensively 

drained with open ditches which serve as direct channels of nutrient transport from 

fields to streams [Needelman et al., 2007]. However, since P is largely fixed by clay 

minerals and oxides of Fe, Al and Mn in soils and sediments, dissolved P 
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concentrations in groundwater is often insignificant (Denver, 1986). If reactive sites in 

these minerals are saturated, which is the common case in the Eastern shore region of 

the Delmarva Peninsula dissolved P concentrations can be higher [Cabrera and Sims, 

2000; Sims et al., 2000]. 

Sediment could be a source of P to the water column if the upward P flux at the 

sediment-water interface is higher than the downward flux. Particularly, upward flux 

of Pi could originate from remineralization of organic matter in the sediment (see 

section 4.5.2 for details). A constant positive gradient of pore water Pi concentration in 

the sediment (Figure 4.5) suggests dissolved Pi flux into the overlying water column at 

the sediment-water interface. This interpretation is consistent with the results from 

controlled laboratory incubations of East Creek sediments which show sediments 

releasing P under natural (site-specific) conditions [Upreti et al., 2015]. The amount of 

P release from sediment could be variable along the creek. On the other hand, low P 

concentration in the sites near the bay (1 log order less than near the fields) is most 

likely due to dilution of the creek water by the incoming tides.  

The isotopic compositions of dissolved Pi in the surface water and sediment Pi 

pools provide additional insights into the sources of dissolved P. For example, 18Op 

values of dissolved Pi from sites J and K are within the equilibrium isotopic 

compositions (Figure 4.2) suggesting near-complete isotope exchange between 

dissolved Pi and water suggesting any P flux is in balance with active microbial uptake 

and recycling in this region [Longinelli and Nuti, 1973; Blake et al., 1997; Paytan et 

al., 2002; Jaisi and Blake, 2010; Jaisi et al., 2010; Joshi et al., 2015]. While there are 

limited number of data points, restricting reasonable interpretation of the trend, 18OP 

values of dissolved Pi at site L are 1.5‰ heavier than calculated equilibrium isotopic 
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compositions, suggesting that the flux of P is higher than microbial cycling of P, and 

thus Pi retains its partial inheritance source signatures. Interestingly, 18OP values of 

the NaOH-Pi pool in the suspended particulate matter are similar to this value as well 

(see Figure 4.3). One plausible explanation for the source of Pi could be that both 

particulate P and dissolved P derived from the same or similar land sources and 

measured Pi could have originated largely from reductive dissolution of Fe(III) 

oxyhydroxide minerals, the most common mineral in the suspended particulate matter. 

Although the NaOH-Pi pool is considered as moderately or conditionally available for 

microorganisms [Tiessen et al., 1983], the out-of-equilibrium isotopic composition of 

the NaOH-Pi pool suggests that this P pool is not available for microorganisms and 

thus carries its original source signature and therefore is useful for tracing sources 

[Bear, 2016]. On the other hand, 18OP values of NaHCO3-Pi are within equilibrium 

isotopic compositions, suggesting complete microbial cycling, as expected because 

this P pool is considered bioavailable [Olsen et al., 1954; Bowman et al., 1978; 

Tiessen et al., 1983]. 

4.5.2 Contrasting pathways of phosphorus cycling in sediments in agriculture-

dominated headwater sites and wetland sites near the bay 

Concentrations and 18OP values of dissolved Pi in pore water and Pi pools in 

the sediment suggest an overall difference in the pathways and biogeochemical 

cycling of P in the sites near the agricultural runoff-dominated region and the wetland 

region near the bay. Changes in physiochemical properties such as reductive 

dissolution of Fe-oxide minerals, pH promoted dissolution, ionic exchange and/or 

microbial activity such as degradation of organic matter are potential mechanisms or 

pathways of P cycling that may contribute to high pore water Pi concentrations.  
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Higher concentrations (50‒200 µmol L-1) of pore water Pi in the shallow 

depths (up to 15 cm) and lighter than equilibrium isotopic compositions in the 

headwater sites (Figure 4.5) suggest that pore water Pi has different sources than Pi in 

surface waters. The surface waters in the ditch have slightly heavier than equilibrium 

isotope values and thus indicate a source signature. Isotopic compositions of freshly 

regenerated Pi from organic matter degradation is lighter for all organic P compounds, 

irrespective of whether they are monoesters or diesters, due to incorporation of water 

oxygen (which is much lighter than phosphate oxygen) and its largely negative 

fractionation factors of incorporated water during degradation [Liang and Blake, 2006, 

2009]. Since the isotopic compositions of both agricultural soil and manure applied in 

the agricultural fields were heavier than equilibrium isotopic compositions (e.g., 

22−26‰, Bear, 2016), the only mechanism that generates lighter than equilibrium 

isotope values of the pore water Pi is organic matter remineralization. Furthermore, the 

rate of organic matter degradation should outcompete the recycling of regenerated Pi 

so that the isotope signatures are still retained. 

Flux of more labile organic P as well as the activities of microbial communities 

play an important role in assimilation and release into both the water column and pore 

water as part of the remineralization process of dissolved and particulate organic 

matter from autochthonous and allochthonous sources [Pusch et al., 1998; Withers and 

Jarvie, 2008]. Microbial degradation of organic matter largely depends on quality and 

retention of organic matter, inorganic nutrient supply, and temperature [Lock, 1993; 

Pusch et al., 1998; Upreti et al., 2015]. Near the agricultural fields (e.g., ditches), 

physiochemical and hydrological conditions are relatively more conducive for organic 

matter degradation than near the bay. Agricultural runoff with high PP/Po/Pi content 
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promotes high microbial activity in the ditches, where phytoplankton blooms are 

visible and this increases the pH. The role of pH was found to be the most significant 

among other physicochemical and biological factors that cause P release/retention in 

the sediment in East Creek [Upreti et al., 2015]. For example, microbial processes 

have been found to account for 10−40% of P uptake in the ditch draining the 

agricultural fields in the Delmarva region [Sharpley et al., 2007]. An increase in 

microbial P pools also promotes P release after the death or lysis of microorganisms. 

Microbial biomass detached from ditch banks is attributed to be the dominant 

particulate P in the Delmarva ditches [Kleinman et al., 2007]. 

Wetland regions near the bay, on the other hand, show distinctly different pore 

water Pi concentration profiles (i.e., lower in the shallow and increase in deeper 

depths) and 18OP values from those in the headwater region. Periodic redox 

fluctuations in the wetland during flooding and draining cycles promote reductive 

dissolution of Fe-oxide minerals and release of Pi associated with these minerals into 

the pore water. The redox fluctuation is more common in wetland sediments receiving 

tidal pulsing. The near-equilibrium 18OP values of pore water Pi suggest near-

complete microbial cycling of pore water Pi [Blake et al., 1997, 2005] in the wetland 

region.  

There are different variables that may cause release and retention of P in the 

sediment. Redox potential has been regarded as a central variable of interest in aquatic 

and wetland ecosystems (e.g., [Baas Becking et al., 1960]). Changes in other 

physiochemical properties and microbial activity also contribute to high pore water Pi 

concentrations. A previous controlled laboratory study on surface water and sediment 

cores collected along the entire stretch of the creek showed that increase in microbial 
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activity correlated with higher P release, with upstream sediments releasing more P 

than downstream sediments in East Creek [Upreti et al., 2015]. In addition, pH was 

found to be an important parameter in P release, with an increase in pH beyond 7.0, 

resulting in higher P release from the sediments. Agricultural ditches where pH could 

increase to as high as 10.0 are attributed as the major factor of P release [Bear, 2016]. 

Because the redox variability is expected to be high in the wetland while pH is 

expected to be high in the agricultural ditches, these two factors are expected to play 

major roles in release and retention of P from riverbed sediments in East Creek. 

4.6 Conclusions and implications  

Agricultural fields are considered an important non-point P source to 

hydrologically connected water bodies, causing water quality problems such as 

eutrophication. In the region with high intensity livestock production such as the 

Delmarva Peninsula, continued input of manure in excess of crop requirements leads 

to soil P saturation and P loss via dissolved and particulate forms from agricultural 

regions. These processes impact P speciation and cycling in surface water, pore water 

and sediment. As expected, the effect of P load was more prominent in the sites near 

the agricultural fields and gradually decreased towards the bay. A distinctly different P 

cycling pathway was identified in the surface water and pore water in the agricultural 

ditch sites: in surface water dissolved P still was incompletely cycled by 

microorganisms, suggesting the flux of from agricultural lands was high, but in pore 

water Pi released from the degradation of organic matter dominated. On the other 

hand, in the wetland region near the bay, P release most likely from reductive 

dissolution during redox fluctuation was fully cycled by microorganisms. 

Understanding sediment P pools and the mechanisms by which sediment P could be 
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released have important implications for understanding of different sources that are 

contributing to P exported from the watershed. Thus it is expected that findings and 

new insights gained on P sources and cycling from the current study in the East Creek 

watershed could be extended to other comparable watersheds in the region. 

4.7 Acknowledgements 

We thank Michael Scharf, Ashely Deny, Kiran Upreti, Jing Yan, and Lisa 

Stout for sampling assistance and total P measurement. Funding for this research was 

supported by USDA NIFA grants (2013-67019- 21373 and 2015-67020-23603). 

Funding for Ashely Deny, an undergraduate summer intern, was provided by NSF 

EPSCoR. 

 



 107 

Angert, A., T. Weiner, S. Mazeh, F. Tamburini, E. Frossard, S. M. Bernasconi, and M. 

Sternberg (2011), Seasonal variability of soil phosphate stable oxygen isotopes 

in rainfall manipulation experiments, Geochim. Cosmochim. Acta, 75(15), 

4216–4227. 

Angert, A., T. Weiner, S. Mazeh, and M. Sternberg (2012), Soil phosphate stable 

oxygen isotopes across rainfall and bedrock gradients., Environ. Sci. Technol., 

46(4), 2156–62. 

Anschutz, P., S. Zhong, B. Sundby, A. Mucci, and C. Gobeil (1998), Burial efficiency 

of phosphorus and the geochemistry of iron in continental margin sediments, 

Limnol. Oceanogr., 43(1), 53–64. 

Ballantine, D. J., D. E. Walling, A. L. Collins, and G. J. L. Leeks (2009), The content 

and storage of phosphorus in fine-grained channel bed sediment in contrasting 

lowland agricultural catchments in the UK, Geoderma, 151, 141–149. 

Bear, K. (2016), Tracking sources of particulate phosphorus in river waters: A case 

study in East Creek, a Chesapeake Bay watershed, University of Delaware. 

Baas Becking, L. G. M., I. R. Kaplan, and D. Moore (1960), Limits of the natural 

environment in terms of pH and oxidation-reduction potentials, J. Geol., 68(3), 

243–284. 

Benitez-Nelson, C. R. (2000), The biogeochemical cycling of phosphorus in marine 

systems, Earth Sci. Rev., 51, 109–135. 

Blake, R. E., J. R. O’Neil, and G. A. Garcia (1997), Oxygen isotope systematics of 

biologically mediated reactions of phosphate: I. Microbial degradation of 

organophosphorus compounds, Geochim. Cosmochim. Acta, 61(20), 4411–

4422. 

Blake, R. E., J. R. O’Neil, and A. V. Surkov (2005), Biogeochemical cycling of 

phosphorus: Insights from oxygen isotope effects of phosphoenzymes, Am. J. 

Sci., 305, 596–620. 

REFERENCES 



 108 

Bowman, R. A., S. R. Olsen, and F. S. Watanabe (1978), Greenhouse evaluation of 

residual phosphate by four phosphorus methods in neutral and calcareous soils, 

Soil Sci. Soc. Am. J., 42(3), 451–454. 

Cabrera, M. L., and J. T. Sims (2000), Beneficial uses of agricultural, municipal, and 

industrial by-products, in Beneficial uses of poultry by-products: Challenges 

and opportunities, edited by J. . Power and W. Dick, pp. 425–450, Soil Science 

Society of America, Madison, Wisconsin, USA. 

Callender, E. (1982), Benthic phosphorus regeneration in the Potomac River Estuary 

YR - 1982, Hydrobiologia, 91-92. 

Caraco, N., J. Cole, and G. Likens (1990), A comparison of phosphorus 

immobilization in sediments of freshwater and coastal marine systems, 

Biogeochemistry, 9(3), 277–290. 

Chambers, R., and W. Odum (1990), Porewater oxidation, dissolved phosphate and 

the iron curtain, Biogeochemistry, 10(1), 37–52. 

Chang, S.J., and R.E. Blake (2015), Precise calibration of equilibrium oxygen isotope 

fractionations between dissolved phosphate and water from 3 to 37 ˚C. 

Geochim. Cosmochim. Acta, 150, 314–329. 

Coale, F., and S. Layton (1999), Phosphorus site index for Maryland. Report to the 

Northeast Phosphorus Index Work Group, College Park, MD. 

Cohn, M., and H.C. Urey (1938), Oxygen exchange reactions of organic compounds 

and water. J. Am. Chem. Soc., 60, 679–687. 

Davies, C. L., B. W. J. Surridge, and D. C. Gooddy (2014), Phosphate oxygen 

isotopes within aquatic ecosystems: Global data synthesis and future research 

priorities, Sci. Total Environ., 496(0), 563–575. 

Denver, J. M (1986), Hydrological and geochemistry of the unconfined aquifer, west-

central and southwestern Delaware. Newark, DE: Delaware Geological 

Survey, University of Delaware. 

Föllmi, K. B. (1996), The phosphorus cycle, phosphogenesis and marine phosphate-

rich deposits, Earth-Science Rev., 40(1–2), 55–124. 

Fox, L. E. (1989), A model for inorganic control of phosphate concentrations in river 

waters, Geochim. Cosmochim. Acta, 53(2), 417–428. 



 109 

Froelich, P. N. et al. (1988), Early diagenesis of organic matter in Peru continental 

margin sediments: Phosphorite precipitation, Mar. Geol., 80(3–4), 309–343. 

Hedley, M. J., W. B. Stewart, and B. S. Chauwan (1982), Changes in inorganic and 

organic soil phosphorus fractions induced by cultivation practices and by 

laboratory incubations. Soil Sci. Soc. Am. J., 46, 970–976. 

House, W. A., and F. H. Denison (2002), Exchange of inorganic phosphate between 

river waters and bed-sediments, Environ. Sci. Technol., 36(20), 4295–4301. 

Jaisi, D. P., and R. E. Blake (2010), Tracing sources and cycling of phosphorus in 

Peru Margin sediments using oxygen isotopes in authigenic and detrital 

phosphates, Geochim. Cosmochim. Acta, 74(11), 3199–3212. 

Jaisi, D. P., and R. E. Blake (2014), Advances in using oxygen isotope ratios of 

phosphate to understand phosphorus cycling in the environment, in Advances 

in Agronomy, vol. 125, pp. 1–53, Academic Press. 

Jaisi, D. P., R. K. Kukkadapu, and R. E. Blake (2010), Fractionation of oxygen 

isotopes in phosphate during its interactions with iron oxides, Geochim. 

Cosmochim. Acta, 74(4), 1309–1319. 

Jensen, H. S., P. B. Mortensen, F. O. Andersen, E. Rasmussen, and A. Jensen (1995), 

Phosphorus cycling in a coastal marine sediment, Aarhus Bay, Denmark, 

Limnol. Oceanogr., 40(5), 908–917. 

Jordan, T. E., J. C. Cornwell, W. R. Boynton, and J. T. Anderson (2008), Changes in 

phosphorus biogeochemistry along an estuarine salinity gradient: The iron 

conveyer belt, Limnol. Oceanogr., 53(1), 172–184. 

Joshi, S. R., R. K. Kukkadapu, D. J. Burdige, M. E. Bowden, D. L. Sparks, and D. P. 

Jaisi (2015), Organic matter remineralization predominates phosphorus cycling 

in the Mid-bay sediments in the Chesapeake Bay, Environ. Sci. Technol., 

49(10), 5887–5896. 

Joshi, S. R., X. Li, and D. P. Jaisi (2016), Transformation of phosphorus pools in an 

agricultural soil: An application of oxygen-18 labeling in phosphate, Soil Sci. 

Soc. Am. J., 80, 69–78. 

Karl, D. M. (2000), Aquatic ecology: phosphorus, the staff of life, Nature, 406(6791), 

31–33. 



 110 

Karl, D. M., and G. Tien (1992), MagIC: A sensitive and precise method for 

measuring dissolved phosphorus in aquatic environments, Limnol. Oceanogr., 

37(1), 105–11. 

Kleinman, P. et al. (2012), Managing manure for sustainable livestock production in 

the Chesapeake Bay Watershed, J. Soil Water Conserv., 67(2), 54A–61A. 

Kleinman, P. J. A., A. L. Allen, B. A. Needelman, A. N. Sharpley, P. A. Vadas, L. S. 

Saporito, G. J. Folmar, and R. B. Bryant (2007), Dynamics of phosphorus 

transfers from heavily manured Coastal Plain soils to drainage ditches, J. Soil 

Water Conserv., 62(4), 225–235. 

Kleinman, P. J. A., C. Church, L. S. Saporito, J. M. McGrath, M. S. Reiter, A. L. 

Allen, S. Tingle, G. D. Binford, K. Han, and B. C. Joern (2015), Phosphorus 

leaching from agricultural soils of the Delmarva Peninsula, USA, J. Environ. 

Qual., 44, 524–534. 

Li, J., P. Reardon, M. P. James, S. R. Joshi, Y. Bai, K. Bear, and D. P. Jaisi (2016a), 

Phosphorus cycling in the water column of the Chesapeake Bay: Roles of 

sinking particulates in phosphorus regeneration and sequestration. 

Li, J., Y. Bai, K. Bear, S. Joshi, and D. Jaisi (2016b), The limiting nutrients in the 

Chesapeake Bay: insights from particulate nutrient stoichiometry and 

phosphate oxygen isotope compositions. 

Liang, Y., and R. E. Blake (2006), Oxygen isotope signature of Pi regeneration from 

organic compounds by phosphomonoesterases and photooxidation, Geochim. 

Cosmochim. Acta, 70(15), 3957–3969. 

Liang, Y., and R. E. Blake (2009), Compound and enzyme-specific phosphodiester 

hydrolysis mechanisms revealed by δ18O of dissolved inorganic phosphate: 

Implications for marine P cycling, Geochim. Cosmochim. Acta, 73(13), 3782–

3794. 

Lock, M. A. (1993), Attached microbial communities in rivers, in Aquatic 

microbiology, edited by T. E. Ford, pp. 113–138, Oxford: Blackwells. 

Longinelli, A., and S. Nuti (1973), Revised phosphate-water isotopic temperature 

scale, Earth Planet. Sci. Lett., 19(3), 373–376. 

Mozaffari, M., and J. T. Sims (1994), Phosphorus availability and sorption in an 

Atlantic Coastal plain watershed dominated by animal-based agriculture, Soil 

Sci., 157(2). 



 111 

Murphy, J., and J. P. Riley (1962), A modified single solution method for the 

determination of phosphate in natural waters, Anal. Chim. Acta, 27(0), 31–36. 

Needelman, B. ., D. . Ruppert, and R. E. Vaughan (2007), The role of ditch soil 

formation and redox biogeochemistry in mitigating nutrient and pollutant 

losses from agriculture., J. Soil Water Conserv., 62, 207–215. 

Olsen, S. R., C. V Cole, F. S. Watanabe, and L. A. Dean (1954), Estimation of 

available phosphorus by extraction with sodium bicarbonate, USDA Circ. 939, 

U.S. Govt. Print. Off. Washington, D.C. 

Paytan, A., Y. Kolodny, A. Neori, and B. Luz (2002), Rapid biologically mediated 

oxygen isotope exchange between water and phosphate, Global Biogeochem. 

Cycles, 16(1), 13–18. 

Psenner, R., B. Bostrom, M. Dinka, K. Petterson, R. Pucsko, A. Sager, and F. T. 

Mackenzie (1988), No Title. Arch. Hydrobiol, Beih Ergebn Limnol. 30, 98–

103. 

Pusch, M., D. Fiebig, I. Brettar, H. Eisenmann, B. K. Ellis, L. A. Kaplan, M. A. Lock, 

M. W. Naegeli, and W. Traunspurger (1998), The role of micro-organisms in 

the ecological connectivity of running waters, Freshw. Biol., 40(3), 453–495. 

Rowland, A. P., and P. M. Haygarth (1997), Determination of total dissolved 

phosphorus in soil solutions, J. Environ. Qual., 26, 410–415. 

Ruttenberg, C. (1992), Development of a sequential extraction method for different 

forms of phosphorus in marine sediments, Limnol. Ocean., 37(7), 1460–1482. 

Sharpley, A., H. P. Jarvie, A. Buda, L. May, B. Spears, and P. Kleinman (2013), 

Phosphorus legacy: Overcoming the effects of past management practices to 

mitigate future water quality impairment, J. Environ. Qual., 42(5), 1308–1326. 

Sharpley, A. N., T. Krogstad, P. Kleinman, and B. Haggard (2007), Managing natural 

processes in drainage ditches for nonpoint source phosphorus control, J. soil 

water Conserv., 62(4), 197–206. 

Sims, J. T., A. C. Edwards, O. F. Schoumans, and R. R. Simard (2000), Integrating 

soil phosphorus testing into environmentally based agricultural management 

practices., J. Environ. Qual., 29(1), 60–71. 

Stout, L. M., S. R. Joshi, T. M. Kana, and D. P. Jaisi (2014), Microbial activities and 

phosphorus cycling: An application of oxygen isotope ratios in phosphate, 

Geochim. Cosnochim. Acta., 138, 101–116. 



 112 

Svendsen, L. M., B. Kronvang, P. Kristensen, and P. Græsbøl (1995), Dynamics of 

phosphorus compounds in a lowland river system: Importance of retention and 

non‐point sources, Hydrol. Process., 9(2), 119–142. 

Tiessen, H., J. W. B. Stewart, and J. O. Moir (1983), Changes in organic and inorganic 

composition of two grassland soils and their particle size fractions during 60–

90 years of cultivation, J. Soil Sci, 34, 815–823. 

Tiessen, H., J. W. B. Stewart, and C. V. Cole (1984), Pathways of phosphorus 

transformations in soils of differing pedogenesis. Soil Sci.Soc. Am. J., 48, 853–

858. 

Upreti, K., S. R. Joshi, J. McGrath, and D. P. Jaisi (2015), Factors Controlling 

Phosphorus Mobilization in a Coastal Plain Tributary to the Chesapeake Bay, 

Soil Sci. Soc. Am. J., 79, 826–837. 

Vennemann, T. W., H. C. Fricke, R. E. Blake, J. R. O. Neil, and A. Colman (2002), 

Oxygen isotope analysis of phosphates : A comparison of techniques for 

analysis of Ag3 PO4, Chem. Geol., 185, 321–336. 

Withers, P. J. A., and H. P. Jarvie (2008), Delivery and cycling of phosphorus in 

rivers: A review, Sci. Total Environ., 400), 379–395. 

Zohar, I., A. Shaviv, M. Young, C. Kendall, S. Silva, and A. Paytan (2010), 

Phosphorus dynamics in soils irrigated with reclaimed waste water or fresh 

water - A study using oxygen isotopic composition of phosphate, Geoderma, 

159, 109–121. 

 

 

 



 113 

ORGANIC MATTER REMINERALIZATION PREDOMINATES 

PHOSPHORUS CYCLING IN THE MID-BAY SEDIMENTS IN THE 

CHESAPEAKE BAY 

5.1 Abstract 

Chesapeake Bay, the largest and most productive estuary in the U.S., suffers 

from varying degrees of water quality issues fueled by both point and non–point 

source nutrient sources. Restoration of the Bay is complicated by the multitude of 

nutrient sources, their variable inputs, and complex interaction between imported and 

regenerated nutrients. These complexities not only restrict formulation of effective 

restoration plans but also open up debates on accountability issues with nutrient 

loading. A detailed understanding of sediment phosphorus (P) dynamics provides 

information useful in identifying the exchange of dissolved constituents across the 

sediment-water interface and helps to better constrain the mechanisms and processes 

controlling the coupling between sediments and the overlying waters. Here we used 

phosphate oxygen isotope ratios (18OP) in concert with sediment chemistry, XRD, 

and Mössbauer spectroscopy on sediments retrieved from an organic rich, sulfidic site 

in the mesohaline portion of the mid-Bay to identify sources and pathway of 

sedimentary P cycling and to infer potential feedbacks on bottom water hypoxia and 

surface water eutrophication. Authigenic phosphate isotope data suggest that the 

regeneration of inorganic P from organic matter degradation (remineralization) is the 

predominant, if not sole, pathway for authigenic P precipitation in the mid-Bay 

Chapter 5 
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sediments.  This indicates that the excess inorganic P generated by remineralization 

should have overwhelmed any pore-water and/ or bottom-water before a fraction of 

this could be precipitated as authigenic P. This is the first research that identifies the 

predominance of remineralization pathway and recycling of P within the Chesapeake 

Bay. Therefore, these results have significant implications for the current 

understanding of sediment P cycling and P exchange across the sediment-water 

interface in the Bay, particularly in terms of the sources and pathways of P that sustain 

hypoxia and may potentially support phytoplankton growth in the surface water. 

5.2 Introduction 

5.2.1 Chesapeake Bay and coastal hypoxia 

Chesapeake Bay, the largest and most productive estuary in the U.S., suffers 

from varying degrees of summertime bottom water hypoxia and surface water 

eutrophication, fueled by both point and non–point source nutrient loadings.  

Restoration of the Bay has been difficult1 because of the multitudes of nutrient sources 

and hydrological conditions and complex interacting factors including climate 

forcing.2 From 1985 to 2008, the average monthly mean ratio of dissolved inorganic 

nitrogen to phosphorus (DIN : DIP) was higher than the Redfield ratio (i.e., 16 for 

N/P) in all seasons except midsummer.3 This suggests that phosphorus (P) could be a 

limiting nutrient in these seasons and also at the start of phytoplankton bloom if 

absolute nutrient concentrations are not in excess of biological demand. The manner in 

which a particular P source is introduced, recycled, and removed from the Bay is an 

important question not only of scientific importance but also for effective nutrient 
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management strategies as well as testing the efficacy of specific nutrient management 

plans. 

Coastal hypoxia has spread exponentially worldwide since the 1960s4 as have 

oxygen minimum zones in the ocean.5 While hypoxia can have natural causes, it can 

also be induced by human activities, or occurs as a result of the interactions of or 

feedback from natural and anthropogenic processes. Proliferation of hypoxia due to 

enhanced anthropogenic nutrient loading is quite common in many coastal 

environments where water column chemistry is easily influenced by sediment 

processes. Changes in bottom water dissolved oxygen exert an influence on early 

diagenetic pathways in sediments (more anaerobic at the expense of aerobic 

pathways), as well as on the stability of Fe oxides and organic debris that settle in the 

sediments, the reoxidation of reduced metabolites in the sediment, the direction of 

nutrient flux at the sediment-water interface, and the extent of benthic-pelagic 

coupling (e.g., see refs 6‒8). These intimately connected processes and feedbacks 

occur in response to hypoxia and require a better understanding of how sedimentary P 

dynamics are affected by temporally-varying bottom water redox conditions. 

5.2.2 Organic matter remineralization vs. Fe-P coupled (remobilization) 

pathway of P cycling 

Sedimentary P dynamics are controlled primarily by depositional fluxes of 

organic matter and ferric Fe-bound P, and P cycling depends on the bottom water 

redox conditions. Remineralization of organic matter containing P generates local 

gradients of inorganic P (PO4
3-) in marine and lacustrine sediments (e.g., see refs 9‒

11) and has been invoked as the key process involved in the precipitation of authigenic 

P minerals (authigenic P), primarily carbonate fluoroapatite but also possibly 
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vivianite, and represent as a major sink in the global P cycle.12 Furthermore, redox-

driven sequestration of P and release of polyphosphate by some sulfide oxidizing 

bacteria such as Thiomargarita and Beggiatoa has also been linked to the precipitation 

of authigenic P (e.g., see refs 13 and 14). On the other hand, reductive dissolution of 

Fe (oxyhydro)oxides and subsequent release of adsorbed and/or co-precipitated P 

associated with Fe oxides also generates a local flux of P, which may precipitate as 

authigenic P.15–17 The Fe and P biogeochemical cycles are highly sensitive to redox 

conditions, particularly because Fe solubility depends on its oxidation state, and 

therefore Fe redox transformations induce precipitation or dissolution of Fe-minerals 

(e.g., see refs 18‒21). The strong coupling of Fe and P cycling at redox interfaces has 

been documented worldwide (e.g., see refs 6, 9, 17, 22, and 23) and is often 

considered to be the major pathway of P cycling in hypoxic and anoxic bottom water 

and sediment columns including those that resulted in the formation of Precambrian 

phosphorites (e.g., see refs 24). A quantitative understanding of organic matter 

mineralization vs coupled Fe‒P pathways of P cycling, however, is limited and is 

either based on model results (e.g., see refs 7 and 8) or approximated using pore water 

chemistry or depth profiles of sediment P pools (e.g., see refs 16, 25, and 26). This is 

because authigenic P, the mineral product (sink) of both pathways, cannot easily be 

linked to its source or precipitation pathway. These issues cannot be fully addressed 

using these approaches because of their inability to distinguish among contributions 

from sources or from specific biogeochemical processes that produce inorganic P.  

Published results for Chesapeake Bay sediments indicate that the remobilized 

P from sediments represents a large nutrient source to the water column as compared 

to external input such as from terrestrial and atmospheric sources. For example, the P 
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released from sediments was calculated to exceed total annual terrestrial and 

atmospheric P input by 44‒214%,27 and to support 6‒74% of phytoplankton P 

demand.28 A large sediment organic matter depositional flux (equivalent to 40‒60% of 

total primary productivity29) as well as a large efflux of DOC and other nutrients from 

sediment28,30 suggests that the regeneration of inorganic P from organic matter 

remineralization should contribute to high levels of dissolved P in pore water near the 

sediment-water interface. Previous studies of sediment and pore water profiles of 

sulfate, dissolved and solid-phase inorganic sulfur compounds and CO2, along with 

measured sulfate reduction rates in the mid-Bay have confirmed the dominance of 

sulfate reduction (as compared to methanogenesis) coupled to organic matter 

remineralization30,31 similar to that seen in other environments such as Cape Lookout 

Bight.6 Similarly organic matter remineralization has been suggested as the major 

source of authigenic P precipitation in more rapidly accumulating sediments6,25,32 

comparable to our site in the Chesapeake Bay. The most significant organic matter 

remineralization (and subsequent pore water super-saturation with respect to 

authigenic P pool) occurs at shallow depths where the concentration of labile organic 

matter is high and constantly replenished from settling organic debris. Other examples 

of authigenic P formation in shallow sediment depths include Santa Barbara basin,33 

Long Island Sound, the Mississippi Delta,25,34 and Baja California.26 Contrary to this, 

authigenic P being deposited in sediment column after precipitation in the water 

column as opposed to being precipitated in situ (i.e., in the sediment column) has been 

recently argued in Arkona basin of the Baltic Sea.7 

It is yet unclear how remineralization (referred hereafter to indicate 

degradation of organic matter) vs remobilization (referred hereafter to indicate 
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reductive dissolution primarily of iron oxides) varies in the sediment column and how 

the predominance of one pathway impacts P flux across the sediment-water interface 

as well as helps sustain hypoxia in bottom water and potentially refuels eutrophication 

on surface water. Given that ~90% of terrestrial input of P to the Bay is either in the 

form of dissolved organic or some form of particulate material, they are  not 

considered directly available to phytoplankton.27 On the other hand, dissolved P 

derived from remobilization or remineralization is virtually fully bioavailable and thus 

plays more effective role on supporting phytoplankton bloom. However, identification 

of the sources and pathways of regenerated P is largely unresolved in the Chesapeake 

Bay. In this research, we aimed to identify the relative importance of remineralization 

vs remobilization pathways of authigenic P precipitation in the mid-Bay where 

bottom-water becomes seasonally anoxic (e.g., see refs 35 and 36). To achieve this 

goal, we sequentially extracted P pools from sediment cores and determined the 

phosphate oxygen isotope ratios (18OP) of ferric Fe-bound and authigenic P, two 

major sinks of P in the sediments. Our results suggest that remineralization is the 

predominant, if not sole, pathway for authigenic P precipitation in mid-Bay sediments. 

5.3 Experimental section 

5.3.1 Sampling sites and sediment characterization 

The sediment cores were collected from the western slope of the central 

channel in the mesohaline portion of the mid-Chesapeake Bay (bottomwater salinity 

=10‒20 psu) at 38° 34.1', 76° 26.6'. Sediment deposited at this site are primarily 

delivered by the Susquehanna River but also includes some bank materials.37 This site 

undergoes seasonal hypoxia/anoxia in bottom water during summer months with 
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underlying anoxic sediments that are often euxinic with substantial production of 

hydrogen sulfide (e.g., see refs 35, 36, and 38). Details of the biogeochemical 

characteristics of sediment and nutrient dynamics at this site are described in a number 

of previous publications.28,30,39–43 

All sediments were collected in the month of July by using box core and 

multicore devices. Sediment cores were chilled right after retrieval in ice as well as 

during transportation and then stored at −80 °C before processing. All cores were 

sliced into 1 or 3 cm intervals down to 32 cm under a N2 atmosphere. The pore water 

was extracted by centrifugation, and then the sediment slices were freeze-dried and 

size separated (<200 µm). All analyses were performed using this size fraction of the 

sediments. 

5.3.2 Extraction of sediment P pools  

Sediments from all depths were sequentially extracted by using the SEDEX 

method originally developed by Ruttenberg 44 to determine concentrations of P in 

different operationally-defined sedimentary pools: (i) exchangeable P; (ii) ferric Fe-

bound P; (iii) authigenic P (authigenic carbonate fluroapatite, biogenic apatite and 

CaCO3-bound P); and (iv) detrital apatite P (residual inorganic P). 31P NMR analysis 

of sediment did not detect any Al oxide-bound P in these sediments;43 therefore this 

extraction method was not revised to account for Al oxide-bound P. Concentration of 

inorganic P in each pool was measured by the phosphomolybdate blue method.45 To 

account matrix interference in colorimetric and inductively coupled plasma (ICP) 

measurements of the citrate-dithionite-bicorbonate (CDB) extracted solution, we 

concentrated P by using MagIC (magnesium-induced co-precipitation; 46) method, and 
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inorganic P was quantified after dissolving MagIC pellets. Please note that this 

additional step resulted in an underestimation of P pools.43 

The total P and concentration of other ions (Fe, Mn, Ca, Mg, and Al) in 

selected sediments were measured after complete digestion of sediment by using 

Katanax K1 Fluxer (Katanax, Quebec, Canada) at 1000 ºC for 10 min. To confirm the 

identity of readily dissolving Fe minerals (by comparing 57Fe- Mössbauer spectra of 

pristine and partially extracted sediments, see following text), sediment was dissolved 

in 0.5 N HCl for 1 hr in room temperature.47 The concentrations of total P and other 

elements in all extraction methods were measured by using inductively coupled 

plasma optical emission spectrometer (ICP-OES) in the Soil Testing Laboratory at the 

University of Delaware. 

5.3.3 Sample purification and measurement of phosphate δ18Op values   

All extracted inorganic P pools were converted to silver phosphate for isotopic 

analyses as described below. We first used the MagIC method46,48 to reduce sample 

volume and concentrate P. It was followed by SuperliteTM DAX-8 resin treatment to 

selectively trap organic matter (e.g., see ref 49). The partially processed samples were 

further purified by using sequential precipitation and recrystallization methods.50,51 

Cations in the samples were removed by cation resin exchange before phosphate was 

converted into silver phosphate, the ultimate analyte for O isotope measurement. A 

separate P standard and a sample for which 18O labeled water (with final δ18Ow values 

= 50.0‰) was spiked in all reagents were processed in parallel to test the validity of 

sample processing and to identify any hydrolysis of organic P during sample 

treatment. The test result was negative because we did not find any significant 

difference in δ18Op values in sample processed in 18O labeled water. 
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All phosphate oxygen isotope ratios were measured at the stable isotope 

facility at the University of Delaware. Silver phosphate was analyzed by online high-

temperature thermal decomposition using a Thermo Chemolysis/Elemental Analyzer 

(TC/EA) coupled to a Delta V continuous flow isotope ratio monitoring mass 

spectrometer (IRMS; Thermo-Finnigan, Darmstadt, Germany) with precision of 

±0.3‰. As a precaution, the presence of any impurity (possible culprits could be 

residual organic matter from samples or nitrate from reagent used in silver phosphate 

precipitation) was tested as total carbon and nitrogen with a CHN analyzer interfaced 

with existing IRMS. δ18OP values of samples were calibrated against conventionally 

fluorinated silver phosphate standards.52 

5.3.4 X-Ray diffraction and 57Fe Mössbauer spectroscopy 

X-ray diffraction (XRD) data on sediments from three different depths (0‒1, 

12‒15, and 30‒32 cm) were collected using a Panalytical MPD instrument with Cu K-

alpha radiation (λ = 1.54056 Å). Diffraction data were analyzed by using JADE 9.5 

(Materials Data Inc.) and the PDF4+ database (ICDD). 

Sediments from different depths as well as residual sediments after the 0.5 N 

HCl extraction were analyzed by 57Fe Mössbauer spectroscopy to identify the 

composition of Fe bearing minerals.53,54 In brief, Mössbauer spectra were collected 

using a 50 mCi (initial strength) 57Co/Rh source. The velocity transducer MVT-1000 

(WissEL) was operated in a constant acceleration mode (23 Hz, ±12 mm/s or 5 mm/s). 

An Ar−Kr proportional counter was used to analyze transmitted radiation, and the 

signal was stored in a multichannel scalar (MCS) as a function of energy (transducer 

velocity) using a 1024 channel analyzer. We collected spectra at room temperature 

(RT), 77 K, 35 K, 10 K, and 6 K to better resolve the identity of Fe minerals.  A 
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closed-cycle cryostat (ARS, Allentown, PA) was employed to collect below-RT 

spectra. The Mössbauer spectral data were modeled with the Recoil software using a 

Voigt-based structural fitting.55 

5.4 Results and discussion 

5.4.1 Sediment composition: XRD and Mössbauer results 

XRD data show that the sediments are composed predominantly of quartz, 

pyrite, chlorite, and muscovite (Figure 5.1).  While the presence of vermiculite and 

smectite (Fe containing clay minerals) and vivianite and apatite (P containing 

minerals) were suspected in XRD results, extended X-ray absorption fine structure 

(EXAFS) and solid-state 31P NMR identified the presence of these minerals in the 

sediment.43 Please note that presence of vivianite in this site has been reported 

before56,57 and our recent results.43 Furthermore, a significant increase in Fe(II) 

concentration (attaining ~300 µM) at 1−2 cm depth and rapid decline by more than a 

log order for >3 cm depth also indicates the removal of Fe(II) precipitate as vivianite 

besides pyrite.58 XRD results did not show any particular difference in crystalline 

mineral compositions among sediments from three different sediment depths (0−1, 

12−15, and 30−32 cm). 
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Figure 5.1 Major mineral phases in the pristine sediments from 0−1, 12−15 and 30−32 

cm depth. Please note that except pyrite, Fe and P bearing minerals were 

below detection limit of XRD diffraction. 
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Figure 5.2 Mossbauer spectra at 10 K: (a) Modeled spectrum of 0−1 cm with various 

Fe-minerals (Py = pyrite; I = Ilmenite, PS = phyllosilicate, Al-H = 

aluminum hematite, sp-OM-P = small-particle Fe-oxide with OM and P 

coatings), (b) comparison showing the absence of sp-OM-P sextet in the 

0.5 N HCl-treated 0−1 cm sample (green trace), and (c) comparison of 

0−1 and 30−32 cm showing little or no sp-OM-P sextet in the 30−32 cm 

sediment. 

Mössbauer spectra of pristine and 0.5 N HCl treated sediments obtained at 10 

K are shown in Figure 5.2. Major Fe mineralogy of the 0‒1 cm sediment includes 
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pyrite (Py), phyllosilicate/clay (PS), ilmenite (I), and a suite of iron oxides. Spectra 

obtained at various temperatures (Figure 5.3) and the conspicuous differences between 

Mössbauer spectra of pristine and 0.5 N HCl treated samples (Figure 5.2b) further 

suggest the outer and inner sextets of the 10 K modeled spectrum are likely to be Al-

substituted hematite (Al-H) and small-particle poorly crystalline iron oxide with P 

and/or organic matter (OM) coatings (sp-OM-P), respectively. The assignment of the 

inner sextet to sp-OM-P is based on the following lines of evidences: (a) sextet 

features due  to goethite, lepidocrocite, and ferrihydrite are absent in >35 K spectra59 

(Figure 5.3); b) the transformation of doublet to sextet occurs at relatively lower 

temperatures in OM-ferrihydrite than in pure ferrihydrite;60 c) P- and OM-ferrihydrite 

are relatively more stable and less bioreducible than pure ferrihydrite61,62 supported by 

the persistence of Fe-oxide sextet (inner) in the anoxic sediment; d) the absence of sp-

OM-P Fe sextet in 0.5 N HCl-treated sediment (Figure 5.2b) as poorly crystalline Fe-

oxides are readily soluble in HCl;63 and e) concentration of ions in the 0.5 N HCl 

extraction (Table 5.1). 
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Figure 5.3 Variable temperature spectra of pristine sediment from 0-1 cm.  Spectra at 

various temperatures were obtained to gain insights into semi-

quantitative Fe mineral distribution. Inset in (b) shows the sextet that was 

apparent at 35 K spectra. P = Pyrite ((low-spin (LS) Fe(II)) content is 

fixed based on chemical composition and XRD derived pyrite content. 

PS Fe(II) is mostly clay because vivianite is less than a % of the total Fe 

(based on 0.5 N HCl extractable P). PS = phyllosilicate; I = Ilmenite; Al-

H = Aluminum substituted hematie; sp = small-particle; OM = organic 

matter. 
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Table 5.1  Concentration of dissolved ions in 0.5 N HCl extracted solution from 

pristine sediments for 24 hrs (expressed as wt %) from three different 

depths in the Chesapeake Bay 

 

The relative amount of pyrite, ilmenite, Al-hematite, and phyllosilicate 

minerals (including Fe(II)/Fe(III) ratio in PS) in the 30‒32 cm sediment is more or less 

similar to that of the 0−1 cm sediment (Figure 5.2c). The significant difference 

between sediments from these two depths, however, is the near complete absence of 

sp-OM-P Fe-oxide in the 30‒32 cm sediment, which is evident from qualitative 

comparison of their 10 K spectra (Figure 5.2c). Lower extractable Fe(III) in the deeper 

sediments but with more or less similar acid-extractable Fe(II), Al, Mg, and Si (Table 

5.1) indicates relatively strong anoxic conditions in the deeper sediments, as expected. 

The additional amount of Fe(III) in the 0−1 cm sediment, ~15% of the total Fe, is 

similar to its Mössbauer spectroscopy-derived sp-OM-P Fe-oxide content. Similarly 

the Fe(II)/Fe(III) ratio of ~1 in phyllosilicates (PS) from the three sediment depths 

suggests that the clay Fe is highly reduced64 but in relatively similar extents among the 

depths. Mössbauer spectra at 6 K suggest that the phyllosilicates are relatively Fe-rich 

(e.g., chlorite) and the sediments contain little or no siderite, magnetite, and green rust. 

The presence of vivianite approximated from dissolution results was low (Table 5.1)  
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compared to that obtained from Fe EXAFS results43 which indicate 8‒18% Fe as 

vivianite. The reason for this difference is unclear. Overall, our data suggest the sp-

OM-P complex is more stable than pure Fe oxides, consistent with high concentration 

of ferric Fe-bound P. 

5.4.2 Sediment P composition and P pools 

Sequential extraction data indicate that the ferric Fe-bound P is the most 

predominant P pool (depth-averaged concentration of 5.29 ± 0.29 µmol/g) followed by 

authigenic P (depth-averaged concentration of 3.70 ± 0.44 µmol/g) (Figure 5.4a).  

Loosely sorbed and detrital P pools are very small and contribute only 8.9 and 0.5% of 

the extracted P, respectively. Therefore, the roles of these two pools in overall P 

cycling are expected to be insignificant. Sediments from this site in the Bay are 

dominated by phyllosilicate minerals (Figures 5.1 and 5.2), and dissolution, at least 

partially, of ferruginous phyllosilicates during CDB treatment19 releases P associated 

with these minerals. Increased layer charge of residual clay minerals after CDB 

treatment also promotes P release. While Fe oxides may still not be fully dissolved 

during hypoxic/anoxic conditions in sediments16,65,66 particularly due to the presence 

of sp-OM-P Fe oxides (see preceding discussion), reductive dissolution of iron 

phyllosilicates is expected to be quite low.19,20 It is likely that the majority of Fe 

oxides in the study site are of “detrital” origin (i.e., imported as opposed to 

precipitated in the water/sediment column) because detrital iron oxides are less 

reactive towards reductive dissolution than that of amorphous iron oxides precipitated 

in the water column or at the sediment-water interface. 
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Figure 5.4 Concentration and corresponding δ18Op values of P pools in the sediment: 

(a) Ferric Fe-bound P dominates sediment P pools and (b) δ18Op values of 

ferric Fe-bound and authigenic P. The dotted line represents the 

equilibrium δ18Op values (per ref 70) at the site using August temperature 

(per ref 69) and pore water δ18Ow values and the shaded region for the 

entire year. The dashed line is equilibrium δ18Op values per ref 71. All 

isotope values in this paper are reported to Vienna Standard Mean Ocean 

Water (VSMOW). 

Authigenic P is the second most abundant P pool in the sediment column. The 

concentration of P in this pool steadily increases with depth until ~15 cm and becomes 

similar to that of ferric Fe-bound P in deeper sections (Figure 5.4a). In general, the 

concentrations of authigenic and ferric Fe-bound P form mirror-images across 

sediment depth. Such profiles, along with the stoichiometry of inorganic constituents 

in the porewater, e.g., dissolved sulfate, ammonia, and reactive P, are used as evidence 

of sink switching as P from one pool (e.g., organic matter or ferric Fe) is transformed 

into the other (e.g., authigenic P precipitation).16,25,26,34 While it is generally assumed 

that P released from the reductive dissolution of iron oxides could precipitate as 
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authigenic P, this assumption may not necessarily be true because similar profiles may 

be generated if original ferric Fe-bound P varies with depths and authigenic P is 

formed from other sources (see later discussion). 

Concentrations of total sediment P along with that of extractable inorganic and 

organic P provide information about P speciation and relative availability of P for 

biological cycling or remineralization. In general, the total inorganic P extracted by 

the SEDEX method varied from 40.4‒57.8% of the total P [i.e., 18.0‒22.1 µmol/g;  

Table 5.2] obtained from complete dissolution. This low amount of extractable P 

could, in part, be due to the underestimation of ferric Fe-bound and authigenic P pools 

that were measured after MagIC extraction as opposed to ICP measurement.43 

Sediment organic P characterization using solution 31P NMR spectroscopy indicates 

that the organic P accounts for 20‒26% of the total P at 0‒1 cm depth (the rest being 

inorganic P) and is composed primarily of monoester-P, diester-P (mainly DNA-P), 

and pyrophosphate.43 This means that the 0‒1 cm sediments contain ~50% P as 

SEDEX extractable inorganic P with the remainder being equally split between 

organic and residual P (i.e., the fraction not extracted by the SEDEX method). 

Previous studies have noted that there has been no increase in P deposition 

commensurate with increased P loading in the Bay, while both nitrogen and carbon 

steadily increased in past ~100 yrs.67 While this inconsistency is often used as an 

evidence for remobilization of P from sediments consistent with higher Redfield ratio 

[total organic C (TOC) in the sediment varies from 28 to 77 mg/g 28,30,42], the 

nonlinear response of deposition to overall system loading in the Chesapeake Bay67 

has raised several questions regarding the role of different sources and biogeochemical 

processes to release P from sediments. 



 131 

Table 5.2 Elemental concentration of Fe, Ca, Fe, Mn, P and S in sediment from 

different depths.  Inorganic P% is calculated from solution 31P43  

extracted from the sediment. 

 

5.4.3 Isotopic composition of sediment P pools 

The isotopic composition of ferric Fe-bound P varies within a narrow range 

(from 18.7 to 20.8‰) except for a few outliers at ~17.8 and 22.4‰ (Figure 5.4b). 

Overall, the isotope data are consistently similar over the entire sediment depth (32 

cm) that covers about 40 years of sedimentation history.68 Based on the measured pore 

water δ18OW values of -3.57 to -4.38‰ and a temperature of 12−20 oC at 0−35 cm 

depth69, the equilibrium phosphate isotopic composition, according to Longinelli and 

Nuti,70 is 18.23 ± 1.07‰. Under summertime conditions when intense degradation of 

organic matter occurs, equilibrium isotopic composition becomes 17.55 ± 0.32‰. 

Interestingly, measured δ18OP values of the majority of the ferric Fe-bound P are 

heavier than the equilibrium isotopic composition, meaning that the original isotopic 

compositions are largely unaltered and therefore likely indicate their origin to specific 

P sources. Please note that this range of isotopic composition is not expected if 

dissolved P is trapped with authigenic Fe oxides that are formed in the redoxocline 

during transient oxic-anoxic oscillations and settled into the sediment columns, or 

during reoxidation of Fe(II) at the sediment-water interface after the water column 
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becomes oxic such as in winter months. In both cases, the isotopic compositions of 

ferric Fe-bound P should oscillate between that of authigenic P and equilibrium P 

isotopic composition. Clearly this is not the case. It means ferric Fe-bound P pool in 

these sediments is largely composed of iron phyllosilicates (and Fe oxides as sp-OM-P 

complex) that are mostly resistant to dissolution in the anoxic sediment column (see 

earlier text). Limited dissolution of iron oxides likely indicates detrital nature of these 

minerals such as those derived from terrestrial P sources. For example, detrital ferric 

Fe-bound P could be associated with Fe rich-clays and iron oxide colloids that are 

conservatively transported and buried in the sediments without significant 

remobilization in postdepositional environments. 

If the equilibrium isotopic composition is calculated as per Chang and Blake 

(2014),71 it becomes heavier by 0.9 to 2.3‰ to that of Longinelli and Nuti.70 In this 

case, the majority of the ferric Fe-bound P isotopic compositions lie near equilibrium 

values. In either case, our results open up a new opportunity to explore more on this P 

pool particularly the identity of terrestrial P sources and to differentiate variable inputs 

of these sources in the past. Further research, however, is needed to identify these P 

sources as well as determine the fidelity of iron phyllosilicate and iron oxide colloids 

as conservative carriers of terrestrial P sources. 

The isotopic compositions of authigenic P in the sediments are most interesting 

and intriguing for two reasons: a) their δ18OP values are the lightest among any isotope 

data obtained so far from marine sediments, and b) they are starkly different than those 

of ferric Fe-bound P. Such light δ18OP values are at the lower range that could possibly 

be produced immediately after the phosphohydrolase catalyzed hydrolysis of organic 

P compounds. Assuming the bulk of organic P is formed in Spring-early summer 
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months with surface and shallow depth temperature of 18−24 oC72 and in equilibrium 

with measured surface water δ18OW values of -3.89 to - 4.01‰ as per Longinelli and 

Nuti,70 the δ18OP values of organic P vary in the range of 17.2−19.1‰. The δ18OP 

values of freshly regenerated inorganic P from monoesters and diesters, accounting of 

water oxygen fractionation factors,50,73 is ≤12‰. While this calculation is overly 

generalized from limited organic P compounds and enzymes studied so far and hence 

the caution is warrented, it is true that incorporation of one or two O atoms from water 

into inorganic P results in light δ18OP values of the freshly produced inorganic P.50,73–77 

Any subsequent biological uptake and recycling of the fresh inorganic P changes its 

δ18Op values towards equilibrium isotopic composition (18.23 ± 1.07‰) over time 

(see pore water δ18OP results). The time taken to approach isotopic equilibrium 

depends upon the rate of isotope exchange with water which varies with biological 

activity. For example, laboratory experiments have shown that the complete 

equilibrium is attained in ~50−100 h.78,79 Super saturation of pore water P should 

initiate the precipitation of authigenic P minerals through numerous phosphate 

intermediates or precursors43. The precipitation and growth kinetics of apatite are 

rapid, for example 2−4 h in simulated laboratory experiments.80 These lines of 

evidences suggest that authigenic P should have precipitated immediately after 

remineralization and its isotopic composition is then locked up.81,82 Please note that 

the isotope fractionation between apatite and dissolved phosphate is low (<1.0‰,81). 

This interpretation is consistent with a past study of Peru Margin sediments 51 where 

δ18OP values enabled in distinguishing the coexistence of three different generations of 

authigenic P pools: (a) that precipitated at/near the sediment-water interface with the 

isotope values preserved during subsequent burial and diagenesis for more than five 
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million years, (b) that derived from remineralization of organic matter with subsequent 

incomplete re-equilibration (similar to this study), and (c) that recently precipitated in 

the sediment column. Furthermore, organic C:total P ratios in our study site was found 

to be much higher than Redfield ratio, reflecting preferential decomposition of organic 

P relative to C.67 Similarly, N:total P ratio was found to be increased in younger 

sediments. These results independently support the selective remineralization and 

release of P from organic matter. In fact, the role of organic matter remineralization on 

pore water P has been found to be bigger than expected before in several other 

environments (e.g., Baltic Sea7,8,79). 

There are, however, two outliers of authigenic P δ18OP values that require 

additional comments. Even though it is an overstretch to interpret two isolated data 

points, they at least show an interesting coincidence. One point lies intermediately 

between isotopic compositions of authigenic and ferric Fe bound P. This could be due 

to the physical mixing of two P sources (one released from remineralization and other 

from remobilization) in the sample analyzed. The other point lies within the range of 

isotopic composition of dissolved P in marine environments.48,82 Given that the 

Chesapeake Bay imports significant amount of P (37% total P budget in the Bay) from 

marine sources,27 it is likely that imported dissolved P from ocean could concentrate 

and undergo surface-catalyzed precipitation. While the presence of this coincidence 

cannot be independently verified, alternative explanation or other potential sources or 

processes that produce heavy δ18OP values are currently unknown. 

5.4.4 Concentration and isotopic composition of pore water P 

Concentration of pore water P generally increases with depth and reaches ~ 

500 µM at ~20 cm depth (Figure 5.5). However, concentrations at 8−26 cm depth 
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show wide fluctuations. Low pore water P concentration at the shallow depth is 

consistent with corresponding high concentration of authigenic P (Figure 5.4a). 

Interestingly, δ18OP values of pore water P are either near equilibrium or heavier than 

equilibrium as per Longinelli and Nuti.70 Because pore water P is the residual P left 

from authigenic P precipitation or any P released from reductive dissolution of Fe 

oxides, it can undergoes active biological cycling which alters its δ18OP values towards 

equilibrium. However, heavier than equilibrium δ18OP values are intriguing and the 

reason for it is yet unclear. Recent fractionation factors calculated by Chang and 

Blake71 in Ag3PO4 measured in TC/EA are offset by +0.9 to +2.3‰ from that of the 

Longinelli and Nuti70 in which the fractionation factors were determined using 

fluorination of BiPO4. Therefore equilibrium calculation based on Chang and Blake71 

appears to be more relevant to this study. It is, however, important to note that the pore 

water P profile reflects the snapshot at the time of sediment sampling and does not 

record a series of events. Therefore, temporal dimension of the sediment 

biogeochemical processes cannot be extracted from pore water data. 
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Figure 5.5 Concentration and corresponding δ18Op values of porewater P.  Dotted and 

dashed lines represent the equilibrium δ18Op values calculated using 

measured water δ18Ow values and temperature, following refs 70 and 71, 

respectively.  The arrows from mean δ18Op values of authigenic and 

ferric Fe-bound P indicate direction of isotope excursion due to 

biological cycling. 

5.4.5 Insignificant coupled Fe:P cycling (remobilization) pathway 

The bottom water in the study site becomes seasonally hypoxic and sediment 

becomes almost entirely anoxic.36,38 In this condition, the Fe−P cycling 

(remobilization) pathway might be expected to be the dominant pathway because the 

coupled Fe−P cycling is enhanced by low bottom-water oxygen condition and results 

in higher benthic flux of P (e.g., see 13 and 84). During hypoxia, sediments act as a 

net source of P as Fe oxides in the sediment are reductively dissolved. Conversely, the 

opposite is true when the slow oxygenation of bottom water eliminates hypoxia so that 

the sediments become a net sink for P. In hypoxic/anoxic sediments Fe2+ produced in 

the sediment column diffuses up and oxidizes near the redoxocline and traps dissolved 

P. In our study, δ18OP values of ferric Fe-bound P can be used to test the presence of 

coupled Fe-P pathway and identify sink switching relationship. If the P derived from 
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remobilization pathway supersaturates the pore water with respect to authigenic P 

precipitation, the δ18OP values of the authigenic P thus evolved should vary between 

its parental (i.e., ferric Fe-bound P, 20.05 ± 1.2‰) and the equilibrium isotopic 

composition (18.23 ± 1.07‰). While labile Fe oxides should dissolve in reducing 

environments (in hypoxic/anoxic water and sediment columns) as well as new Fe 

oxides form near the redoxocline, isotope data suggests that the reductively dissolved 

P is not sufficient enough to precipitate as authigenic P and any new Fe oxide formed 

in redoxocline is either dissolved during sedimentation or does not contribute any 

significant fraction to ferric Fe-bound P pool. This interpretation and the fact that 

ferric Fe-bound P is the largest P pool in this site require some unconventional 

interpretation on the fate of ferric Fe-bound P besides being detrital source. This calls 

for further exploration on the identity of minerals dissolved by CDB reagent and fate 

of iron oxides in anoxic sediment columns. 

Decoupling of Fe−P cycling could also be due to the removal of Fe2+ from 

solution into iron sulfides in sulfidic bottom water environments.85 Similarly, 

simultaneous precipitation of Fe and P as vivianite56,57 decreases the amount of Fe2+ 

that could diffuse up to the redoxocline. Fe:P molar ratios in freshwater and brackish 

sediments have been often used to identify the extent of Fe-P coupling. For example, 

Fe is consumed into sulfides in brackish sediments and the ratio becomes <<1.0.86 

This ratio in porewater in our study site varied from 0.2 to 0.5 and was consistent with 

past results in the mid-Bay sediments (i.e., 0.1 to 0.2).58 This means that the removal 

of Fe as sulfide might have limited coupled Fe-P pathway in the sulfidic environments 

in the mid-Bay. While there could be considerable mixing of P originated from 

different sources and those derived from different biogeochemical processes (such as 
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incoming from ocean, transported by rivers, remineralized and remobilized during 

different episodes of hypoxic and anoxic condition in sediment and water columns), 

and could be trapped with freshly precipitated iron oxides, our isotope results suggest 

that the role of Fe−P pathway should be insignificant in the mid-Bay. 

5.4.6 Predominance of organic matter remineralization pathway of P cycling 

Geochemical reactions involving sorption and desorption of P with Fe oxides 

as well as release of P due to reductive dissolution do not impart significant isotope 

change.87 Therefore isotope fractionation between dissolved (pore water) and sorbed P 

to iron oxides on prolonged reaction time scales is negligible.87 Furthermore, changes 

in δ18OP values due to precipitation and dissolution of apatite is <1.0‰.74,81 As a result 

dynamic processes occurring in the sediment column involving precipitation and re-

dissolution of authigenic P as well as sorption, desorption, and reductive dissolution of 

minerals and release of P do not impart any significant isotope effect. It means there 

are not any known mechanisms that generate dissolve P from ferric Fe-minerals with 

δ18OP values ~6‰ lighter than its source. On the other hand, authigenic P precipitated 

from remineralization pathway can have isotope compositions that vary from freshly 

produced inorganic P to complete isotopic equilibrium. Once precipitated, δ18OP 

values of authigenic P are faithfully preserved and not altered even on geological time 

scales.51,81,82 These lines of evidences strongly point out that there are no other known 

mechanisms which can produce an unusually light isotopic composition of authigenic 

P besides organic matter remineralization. 

Based on our isotope results and other ancillary geochemical data from this 

site30,43,58,88, we developed a schematic model of P cycling across the sediment-water 

interface (Figure 5.6). We explain the remineralization pathway as follows: Rain of 
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organic debris from dead phytoplankton to hypoxic bottom water and to the sediment 

column is followed by its hydrolysis. Previous calculation suggests that about the half 

of the organic carbon from primary production is deposited in the sediment column89 

which means the other half is mineralized in the water column. Because an unusually 

high concentration of inorganic P is produced from the remineralization of organic 

matter and the dissolved P generated from this pathway far exceeds any existing 

bottom water and/or pore water P derived from other sources or biogeochemical 

processes, the diffusion of this P pool should overwhelm the bottom water and 

potentially the surface water. Rather sharp gradient in pore water P concentration in 

the upper 10−20 cm depth (which reaches ~500 µM, Figure 5.5) clearly indicates 

upward diffusive flux of dissolved P into the overlying water. This interpretation is 

consistent with that of Bray et al.56 in which the pore water P was interpreted to be a 

potential nutrient source for the overlying water and that of Cowan and Boynton28 in 

which 6−74% of remobilized P was calculated to reach to surface water to support 

eutrophication. A high dissolved P results in immediate precipitation of authigenic P 

without any appreciable changes in isotopic composition (i.e., without significant 

biological cycling). While relatively light and heavier isotopic compositions of 

authigenic P could be further differentiated to identify the time gap between 

remineralization and precipitation i.e., the rate and extent of remineralization, the 

narrow ranges of δ18Op values indicate comparable rates of authigenic P precipitation 

in the past ~40 years. 
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Figure 5.6 P cycling near sediment-water interface interpreted from isotope data. 

Please note ? symbol indicates uncertainly of data and * indicates that 

both reactions may not necessarily be highly redox-sensitive if some of 

this ferric Fe-bound P is associated with ferric iron in clays (otherwise 

there would be no ferric Fe-bound P found at depth in these sediments). 

5.5 Conclusions and implications 

This research, for the first time, identifies the predominance of organic matter 

remineralization as the predominant pathway of P cycling in the Chesapeake Bay. It is 

noteworthy to mention that neither the predominant source of authigenic P derived 

from organic matter has been previously reported from the Chesapeake Bay nor has 

the preservation of the isotopic signature immediately after remineralization of organic 

matter been found anywhere else in the world. It also highlights the usefulness of P 

isotopic composition as a vital tracer to detect the specific pathways of P cycling in 

different coastal and marine environments. 
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The extent to which benthic processes release or retain phosphorus can exert a 

major control on pelagic primary production by supplying a key nutrient, and this in 

turn can control the extent of hypoxia and eutrophication. Given that a portion of 

inorganic P produced from organic matter degradation precipitates as authigenic P, the 

bulk of the dissolved P should diffuse up to the bottom water and sustain the dead 

zone. Identification of the pathways that ultimately regulate the supply of inorganic P 

in the bottom water or P exchange across sediment-water interface provides critical 

information needed to better understand benthic-pelagic coupling and devise 

appropriate nutrient management plans in the Chesapeake Bay. 
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PHOSPHORUS SOURCES AND CYCLING IN SEDIMENTS IMPACTED BY 

BOTTOM WATER HYPOXIA IN THE CHESAPEAKE BAY  

6.1 Abstract 

The Chesapeake Bay, one of the most biologically productive estuaries in 

United States, has severely degraded water quality due to excessive input of 

phosphorus (P) contributing to surface water eutrophication and bottom water 

hypoxia. Bottom water hypoxia in the bay may impact sediment P speciation and 

pathways of P cycling and direction of the flux of P across the sediment-water 

interface. Sediments from three sites along the salinity gradient of the Bay were 

analyzed to determine the concentrations and oxygen isotope ratios (18OP) of P in 

various sediment fractions characterized by a sequence of extraction. Our isotope 

measurements and geochemical results show ferric Fe-bound and authigenic apatite P 

are two major P sinks in the Chesapeake Bay sediments, regardless of bottom water 

hypoxia. The  regeneration of Pi from organic matter degradation (i.e., coupled C-P 

(remineralization) pathway) is the predominant pathway for authigenic apatite P 

precipitation in the three sites studied, albeit the extent is slightly different. 

Consistently similar but slightly heavier than equilibrium isotope values of the ferric 

Fe-bound P pool for the entire depth indicate potential terrestrial P sources, which 

could have mixed in different proportions with recycled P and Fe minerals in the bay. 

These findings highlight the significance of coupled C-P cycling that favors the 

precipitation of authigenic apatite P. These findings are expected to have significant 

Chapter 6 
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implications on the current understanding of sediment P cycling and P exchange 

across the sediment−water interface in the Bay. 

6.2 Introduction 

Phosphorus concentrations in sediment and exchange between the sediment 

and the overlying water are key processes controlling P cycling and budgets in the 

water column and are related to net primary production and potential for CO2 

sequestration (Karl, 2014). The balance between P deposition to sediment) and long-

term P burial in less reactive phases determine the efflux of P across the sediment-

water interface. Flux of inorganic P (Pi) at the sediment-water interface is primarily 

driven by P release from organic matter degradation and reductive dissolution of P-

bound Fe oxides. Whereas in sediments underlying oxic bottom waters P efflux is 

controlled by balance between P released from organic matter remineralization 

(coupling of P and C cycles) and retention of P by iron oxides that serves as a 

phosphorus sink (Hupfer and Lewandowski, 2008; Katsev et al., 2006b; McManus et 

al., 1997), the release of P from reductive dissolution of Fe oxides (coupling of Fe and 

P cycles) is considered more important in hypoxic/anoxic sediments, serving as a P 

source to the overlying waters (e.g., Dellwig et al., 2010; Einsele, 1936; Klump and 

Martens, 1987; Kraal et al., 2012; Mortimer, 1942, 1941; Slomp et al., 1996). Still, 

quantitative understanding of the difference between coupled C-P vs Fe-P pathways of 

P cycling is limited and is either based on model results (e.g., Reed et al., 2011a,b) or 

qualitatively justified from profiles of porewater composition or sediment P pools 

(e.g., Ruttenberg and Berner, 1993; Schuffert et al., 1994; Slomp et al., 1996).  

Chesapeake Bay suffers from varying degrees of summertime bottom water 

hypoxia and surface water eutrophication, fueled by both point and non–point nutrient 
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sources. The seasonal hypoxia/anoxia is produced and maintained in the bottom 

waters of the upper and middle regions of the Chesapeake Bay, the extent of which is 

controlled primarily by spring freshet and during the development of salinity 

stratification (Boicourt, 1992; Hagy et al., 2004; Officer et al., 1984), and 

decomposition of organic matter in the water column and sediments (Jonas and Tuttle, 

1990; Kemp et al., 1992; Lewis et al., 2007). The hypoxia gradually subsides over the 

fall season.  

Changes in bottom water dissolved oxygen exert an influence on early 

diagenetic pathways in sediments (more anaerobic at the expense of aerobic 

pathways), as well as on the stability of Fe oxides and organic debris that settle in the 

sediments and the re-oxidation of reduced metabolites deposited in the sediment. For 

example, previous studies reported large sediment P efflux (estimated to 25‒30% up to 

even >100% of total P input) into the water column (Anschutz et al., 1998; Cornwell 

et al., 1996), suggesting that sediments are an important source of P to the water 

column of the bay. The sediments in the Chesapeake Bay store about 94% of total P 

inputs, which is greater than combined terrestrial and atmospheric input of P (Boynton 

et al., 1995).  As this large amount of P stored in the sediment could potentially be 

remobilized and become a P source for the water column, characterizing species of 

sediment P and their differential reactivity in response to variations in biogeochemical 

conditions is essential to understand the transformations and fate of sediment P in the 

bay and its potential as an internal P source or long-term P sink. This also has a direct 

impact on the direction and magnitude of nutrient fluxes at the sediment-water 

interface, and the extent of benthic-pelagic coupling (Klump and Martens, 1987; Reed 

et al., 2011a, b). For example, there is a direct relationship of subpynocline 
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concentration of Pi (sediment P efflux) in response to bottom water O2 concentration 

(Testa and Kemp, 2012). 

The major objectives of this research is to understand how bottom water 

hypoxia impacts sediment P pools, particularly in regard to mobilization of Pi (i.e., Fe-

P coupled pathway) or remineralization of organic P (Po) (i.e., C-P coupled pathway) 

from sediments and the feedback effect of these two pathways of P cycling in P flux 

across the sediment-water interface. This objective was achieved with a comparative 

study among sites along the salinity gradient in the Chesapeake Bay that have oxic and 

hypoxic bottom waters, as well as how the degree and length of hypoxia varies among 

sites. This work builds on the previous study in the mid-Bay sediments where organic 

matter remineralization was found to be the most dominant pathway of P cycling in 

the sediment below the hypoxic water column (Joshi et al., 2015). 

6.3 Materials and methods 

6.3.1 Sampling sites and sediment characterization 

Sediment cores were collected from the North (N), middle (M) and the South 

(S) sites located on the western slope of the Chesapeake Bay central channel (Figure 

6.1). Site N (10 m depth; Burdige and Gardner, 1998) is located near the mouth of 

the Susquehanna River in the Northern Bay, where bottom water salinities range from 

< 0.1 to ~10. This site has the highest sedimentation rate and is influenced strongly by 

land-derived sediment input from the Susquehanna River, the dominant source of 

sediment influx to the bay (Langland and Cronin, 2003).  Site M (35 m depth) lies in 

the mesohaline portion of the Bay (bottom water salinities are ~10–20) where seasonal 

anoxia/hypoxia generally occurs in the bottom waters during the summer months. This 
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site is an organic rich, sulfidic sedimentary environment with underlying anoxic 

sediments that are often euxinic with substantial production of hydrogen sulfide (e.g., 

Hanson et al., 2013; Kemp et al., 1992). It has a lower sedimentation rate (7 mm yr-1) 

than site N and is composed primarily of fine-grained sediments. Site S (12 m depth) 

is located in the southern Bay and has the lowest sedimentation rate with dominant 

sediment inputs from shoreline erosion and influx from the ocean (Hobbs et al., 1992; 

Langland and Cronin, 2003; Skrabal, 1991). At this site, the water column salinities 

range from 20 to 30. Site M undergoes seasonal hypoxia/anoxia in the bottom water 

(summer hypoxia/anoxia), whereas at the sites N and S, the water column is well 

oxygenated throughout the year with some exceptions of limited hypoxia in certain 

years. 

Sediment collection and processing is described in Joshi et al. (2015). In brief, 

sediment cores were collected with box core and multicore devices and were chilled 

on ice during transportation. The cores were stored at −80 °C before processing. The 

cores were sliced into 1 or 3 cm intervals down to 35 cm depth under a N2 atmosphere. 

Sediment slices were freeze-dried after removing pore water by centrifugation, and 

then size separated (< 200 µm). Unless specified, all analyses were performed using 

this size fraction of the sediments. 
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Figure 6.1 Location of the sediment sampling sites in the Chesapeake Bay. 

6.3.2 X-Ray Diffraction 

Mineralogical compositions in sediment samples across the sediment depths 

from sites N, M, and S were analyzed using X-ray diffraction (XRD) and data were 

collected using a Panalytical MPD instrument with Cu K-alpha radiation (λ = 1.54056 

Å). We chose sediments from discrete depths from all three sites (except 0–1 and 1–2 

cm for site N and 1–2 cm for site S) for the XRD analyses. Similarly, we chose eight 

(0–1, 2–3, 3–4, 4–6, 6–8, 12–15, 21–24, and 27–30 cm) sediment depths for site M. 

Diffraction data were analyzed by using JADE 9.5 (Materials Data Inc.) and the 

PDF4+ database (ICDD). 

6.3.3 Total dissolution of sediments 

Elemental analysis was carried out to understand the composition of elements 

associated with P for a number of selected sediments. The sediment samples were 

mixed thoroughly with fusion reagents (lithium meta-borate and lithium tetra-borate) 

and a non-wetting reagent (lithium bromide) in a platinum crucible. The mixture was 

digested in a Katanax K1 Fluxer (Katanax, Quebec, Canada) at 1000 ºC for 10 min 
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and completed melted sediment solution was poured into a Teflon® beaker prefilled 

with 100 mL of 1 mol L-1 HCl. After digestion, concentrations of total P, Fe, Ca, and S 

in sediments were measured by using inductively coupled plasma optical emission 

spectrometer (ICP-OES) in the Soil Testing Laboratory at the University of Delaware. 

6.3.4 Extraction of sediment phosphorus pools 

Sediments from different depth intervals were sequentially extracted using the 

SEDEX method (Ruttenberg, 1992) to quantify operationally-defined sedimentary P 

pools. The extracted P pools were (i) exchangeable P; (ii) ferric Fe-bound P (Fe-P 

hereafter); (iii) authigenic apatite P (authigenic Ca-P hereafter); authigenic carbonate 

fluroapatite, biogenic apatite and CaCO3-bound P; and (iv) detrital apatite P. 

Concentrations of Pi in P pools were measured by using the phosphomolybdate blue 

method (Murphy and Riley, 1962). To account for reagent interference in colorimetric 

measurement for the ferric Fe-bound P pool, Pi was concentrated by using magnesium 

induced co-precipitation (MagIC) (Karl and Tien, 1992) to remove DCB reagents. The 

Pi concentration was measured after dissolving MagIC pellets and neutralizing pH. 

6.3.5 Purification of extracted solutions 

Two P pools (ferric Fe-bound and authigenic apatite P) were selected for 

further processing, purification, and precipitation of silver phosphate. The volume of 

extracted solution in these P pools was reduced and Pi was concentrated by using the 

MagIC method (Colman et al., 2005; Karl and Tien, 1992). The MagIC pellets were 

dissolved in 0.5 mol L-1 HNO3 and then passed through SuperliteTM DAX-8 resin to 

selectively trap organic matter. The samples were further purified using sequential 

precipitation and re-crystallization method (Jaisi and Blake, 2010; Liang and Blake, 
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2006). In brief, the samples were first precipitated as ammonium phosphomolybdate 

(APM) at low pH. The APM precipitates were washed with 5% ammonium nitrate and 

separated using 0.1 µm polysulfone filters and then dissolved in ammonium citrate. 

This step was followed by magnesium ammonium phosphate (MAP) precipitation at 

high pH. The MAP precipitates were washed with 1:20 ammonium hydroxide and 

then dissolved in HNO3. After neutralizing pH, the samples were further treated with 

cation resin to remove cations before converting into silver phosphate. These methods 

have been widely used and the robustness of these methods have been demonstrated in 

several past studies including sediments from the Chesapeake Bay (e.g., (Angert et al., 

2011; Blake et al., 1997; Colman et al., 2005; Gross et al., 2013; Joshi et al., 2015; 

Kolodny et al., 1983; Tamburini et al., 2012, 2010; Tudge, 1960)). The validity of 

sample processing and potential hydrolysis of Po during sample purification steps was 

tested using a separate phosphate standard and a blank sample. Both phosphate 

standard and dummy sample were processed using reagents spiked with 18O labeled 

water (with final δ18Ow values 50.0‰). We did not find any significant changes in 

δ18Op values in samples processed in normal and 18O labeled waters. 

6.3.6 Measurement of phosphate oxygen isotope ratios 

All phosphate oxygen isotope ratios were measured by online high-temperature 

thermal decomposition using a Thermo Chemolysis/Elemental Analyzer (TC/EA) 

coupled to a Delta V continuous flow isotope ratio monitoring mass spectrometer 

(IRMS; Thermo-Finnigan, Bremen, Germany) with precision of ± 0.3‰ in the 

laboratory at the University of Delaware. As a precaution, any impurities (possible 

culprits could be residual organic matter from samples or nitrate from silver phosphate 

precipitation reagent) were tested as total carbon and nitrogen with a CHN analyzer 
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(interfaced with existing IRMS). The δ18Op values of samples were calibrated against 

conventional fluorination using different silver phosphate standards (Vennemann et 

al., 2002). 

6.4 Results 

6.4.1 Mineralogical composition of sediments 

XRD analyses of mineralogical composition of sediment samples from N, M, 

and S sites showed that the sediments predominantly consist of quartz, muscovite, 

feldspar group minerals, chlorite, and pyrite (Figure. 6.2). Although there was not a 

noticeable difference in mineralogical compositions among the sites, the quantities of 

the crystalline minerals were slightly different (data not shown). For example, the 

highest amount of quartz (> 55%) was present in the sediment samples from all depths 

from site S. On the other hand, sediments from site M contained the highest amount of 

muscovite. For each site, there was no particular difference in compositions of 

crystalline minerals among sediments from different depths. The XRD analysis was 

not able to identify the clay minerals such as vermiculite and montmorillonite from the 

sediments. Similarly, authigenic P minerals (such as vivianite and apatite) were not 

detected, presumably due to small quantities (<2%) below the limit of XRD detection. 
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Figure 6.2 Mineralogical composition of sediment at 2 to 3 cm depth from site N. The 

sediment predominantly consists of quartz, muscovite, feldspar group 

minerals, chlorite, and pyrite. 

6.4.2 Elemental compositions of sediments 

Concentrations of total P, Fe, Ca, and S measured after complete dissolution of 

sediments using Katanax from the N, M, and S sites of the Chesapeake Bay are shown 

in Figure 6.3. The mid-Bay sediments contained the highest amount of depth-averaged 

total P (21.5 ± 3.3 µmol g-1) compared to the sediments for sites N and S (14.9 ± 1.9 

and 16.9 ± 1.5 µmol g-1, respectively). All three sites showed a similar trend of TP 

content in the sediment: TP decreased with increasing depth. Both sites N and M 

contained a similar amount of total Fe in the sediments (average 656 ± 40 and 664 ± 

36 µmol g-1, respectively) and site S contained the least amount of total Fe (average 

370 ± 17 µmol g-1). However, site S sediments contained the highest amount of total 

Ca compared to other two sites. 
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Figure 6.3 Concentrations of P, Fe, Ca, and S in sites N (a, b, c, and d), M (e, f, g, and 

h), and S (i, j, k, and l) sediments. The sediment samples were digested in 

a Katanax K1 fluxer and concentrations were measured using inductively 

coupled plasma optical emission spectrometer (ICP-OES). 

6.4.3 Concentration of sediment phosphorus pools 

Concentrations of sediment P pools (i.e., exchangeable P, ferric Fe-bound P 

(Fe-P), authigenic apatite P (Ca-P), and detrital P) from N, M, and S sites of the 

Chesapeake Bay are shown in Figure 6.4. The results suggest Fe-P and Ca-P pools are 
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two major sediment P pools in the bay. In comparison to these P pools, loosely sorbed 

and detrital P pools were relatively small in all three sites.  

Fe-P was the predominant P pool followed by Ca-P (Figure 6.4 a and b) in the 

sediments from N and M sites. Depth-averaged concentrations of P in the Fe-P pool 

were 4.7 ± 0.7 and 5.3 ± 0.8 µmol g-1 for sites N and M, respectively. Similarly, for 

these sites depth-averaged concentrations of Ca-P were 2.6 ± 0.2 and 3.7 ± 0.4 µmol g-

1, respectively. However, at site S, the Ca-P pool was the largest P pool followed by 

Fe-P (Figure 6.4 c). At this site, the depth averaged concentration of Fe-P and Ca-P 

were 1.9 ± 0.4 and 3.5 ± 0.3 µmol g-1, respectively. As mentioned in the method 

section above, the MagIC step was included before quantifying P pools by the 

colorimetric method, and thus the concentration of this P pool was smaller than 

reported in (Li et al., 2015) where P concentration was measured directly on the 

extracted solution by using ICP-MS. 

 

Figure 6.4 Concentration of exchangeable, ferric Fe-bound (Fe-P), authigenic apatite 

(Ca-P), and detrital P pools in the sediments from a) North (N); b) middle 

(M); and c) South (S) sites of the Bay. 
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6.4.4 Isotopic compositions of sediment phosphorus pools 

The isotopic compositions of Fe-P and Ca-P pools in the sediments from N, M, 

and S sites of the Chesapeake Bay are shown in Figure 6.5. The isotopic compositions 

of loosely sorbed and detrital P pools from all sites, and Fe-P from site S were not 

determined due to concentrations of Pi lower than that needed for achieving reliable 

values. The isotope results show that the Fe-P pool in the sediments from site N varied 

between 18.5 to 20.0‰ and those from site M ranged between 19.2 to 20.8‰, but 

were similar over the entire depth studied. Based on the measured pore water δ18OW 

values of -5.33 to -6.31‰ and a temperature of 12 to 20 °C at 0 to 15 cm depth (at site 

N), the equilibrium phosphate isotopic composition, according to Longinelli and Nuti 

(1973) is 16.37 ± 1.21‰. Thus the measured values were mostly heavier than the 

equilibrium isotopic compositions, except for several data in both sites that were near 

or within the equilibrium ranges. A stark contrast, on the other hand, was the isotopic 

compositions of the Ca-P pool for all (N, M, and S) sites, which were much lighter 

than equilibrium isotopic compositions by 2 to 7‰. Interestingly, ranges of isotope 

values among all sites did not vary. If the equilibrium isotopic composition is 

calculated based on Chang and Blake (2015) (dashed lines in Figure 6.5a,b), the 

ranges of isotope values became heavier only by 0.9 to 2.3‰，compared to those 

from Longinelli and Nuti (1973). In this case, the majority of the ferric Fe-bound P 

isotopic compositions still varied but were very close to equilibrium values. 
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Figure 6.5 Isotopic compositions of Fe-P and Ca-P pools in the sediments from a) 

North (N); b) middle (M); and c) South (S) sites of the Chesapeake Bay. 

Thick dotted lines at sites N and M represents the equilibrium isotopic 

compositions (as per (Longinelli and Nuti, 1973)) calculated using 

August temperature (Reeburgh, 1969) and porewater oxygen isotope 

values and the shaded region for the entire year. The dashed line is 

equilibrium isotopic compositions calculated  as per Chang and Blake, 

2015 (Chang and Blake, 2015).   

6.5 Discussion 

6.5.1 Anomalous Fe-P pool and variation of major sediment P sinks along the 

salinity gradient 

Fe-P and Ca-P are two major P sinks in the Chesapeake Bay sediments, 

regardless of the different bottom water conditions (hypoxic/anoxic versus well 

oxygenated bottom waters at site M and the other two sites, respectively (Li et al., 

2015; Joshi et al., 2015)). However, the contributions of these two sediment P pools as 

long term P sinks may be different for individual sites depending upon their location 
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(upper, middle or lower Bay), sediment characteristics, and biogeochemical processes 

within the water column and sediments. 

The ferric Fe-bound P pool is anomalously high and accounts for up to half of 

all SEDEX P pools in the sediment from sites N and M and its concentration in site S 

is still high (Figure 6.4), similar to previous studies in freshwater sediments where Fe-

P is the major long-term P sink (e.g., Ruban et al., 1999). The Susquehanna River is 

the most dominant source for sediment influx at site N whereas at site M, the majority 

of sediment comes from shoreline erosion (Langland and Cronin, 2003). One of the 

possibilities that is consistent with the high Fe concentrations in the sediments at these 

two sites (Figure 6.3) and the presence of large amounts of Fe(III) vermiculite, which 

forms mainly from the weathering of micas (Sparks, 2003), and the major Fe mineral 

that accounts for 30 to 50% of the total Fe (Li et al., 2015), is the incomplete 

dissolution Fe-oxide minerals and phyllosilicate minerals during DCB treatment. In 

fact, incomplete reductive dissolution of Fe phyllosilicate minerals is expected due to 

the presence of sp-OM-P (Jaisi et al., 2011, 2007; Joshi et al., 2015). Similarly high 

ferric Fe-bound P pools have been reported from permanently stratified lakes with 

dissolved O2 <<1 mg L-1 (Cosmidis et al., 2014), and sediments under hypoxic/anoxic 

bottom waters (e.g., Archipelago Sea and Gulf of Finland in Baltic Sea estuaries 

(Lukkari et al., 2008) and Goban Spur in the North Atlantic Ocean ( Slomp et al., 

1996)).    

The Fe-P pool is extracted in the step targeting P bound to reactive Fe 

(oxyhydr)oxides in the SEDEX sequential extraction procedure (Ruttenberg, 1992). 

Given the anomalous concentration of the Fe-P pool compared to values reported in 

the literature, it is worth further discussion. In the euxinic environment in the mid-bay 
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where a substantial amount of hydrogen sulfide is produced (Hagy et al., 2004; 

Hanson et al., 2013), Fe oxides should have undergone reductive dissolution by H2S or 

via microbial respiration. Even though a cautionary statement not to interpret 

unanalyzed P pools is made in Ruttenberg’s original dissertation (Ruttenberg, 1990), 

this statement is largely ignored and high ferric Fe-P pool is often interpreted as the 

burial of Fe-bound P in anoxic basins. Therefore, current literature where source-sink 

switching relationships are developed based on this P pool in the anoxic sediments 

requires new scrutiny and extensive revision of existing interpretations. Thus, this 

work will have a major impact on sediment P dynamics including P budget 

calculations. This embarks on a series of analytical and geochemical questions, the 

major one being what exactly does the DCB reagent extract? Are Fe oxides really 

recalcitrant against reductive dissolution in anoxic sediments? Future research in this 

direction is urgently needed.  

The presence of vivianite in the mid-Bay has been reported in the past (Bray et 

al., 1973; Matisoff et al., 1975) and reconfirmed in our recent studies (Joshi et al., 

2015; Li et al., 2015). A phase stability analysis based on summer porewater 

concentrations of CO3
2- and PO4

3- in the main channel along the axis of the Bay shows 

the coexistence of siderite and vivianite (Bray et al., 1973). Furthermore, direct 

characterization Fe bearing minerals using Fe EXAFS showed that a significant 

amount of vivianite (8‒18% of total Fe) is present in the mid-Bay sediments of all 

depths (Li et al., 2015). Although Fe2+ is consumed by H2S to form iron sulfide and 

any excess is left for vivianite precipitation (Gächter and Müller, 2003), a copious 

amount of vivianite is present along with pyrite in the Bay. Thus the quantitative 
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understanding of vivianite in these sites as well as function of depth is required to 

address this question.  

The second largest sediment P pool (at sites N and M) is authigenic apatite P 

(Ca-P), which includes authigenic carbonate fluroapatite, biogenic apatite and CaCO3-

bound P (Ruttenberg, 1992). Concentration of P in this pool was higher in sediments 

from sites M and S compared to site N (Figure 6.4), suggesting enhanced precipitation 

of Ca-P minerals in more saline conditions. This might have been facilitated by higher 

concentration of Ca2+ in the more saline part of the Bay. This is consistent with marine 

sediments where authigenic apatite P is the major long-term P sink (e.g., (Föllmi, 

1996; Ruttenberg and Berner, 1993; Slomp et al., 1996)).  

Gradual changes in dominance of sediment P sinks within the Chesapeake Bay 

transect, from Fe-P in the middle – upper bay to Ca-P in the lower bay, suggests 

spatial variability in P sequestration mechanisms in the bay. In the freshwater and 

mid-saline regions of the bay, P sequestration is expected to be controlled by Fe-oxide 

loading from rivers, and other multiple factors that affect precipitation and 

remobilization of Fe minerals, such as water and sediment column hypoxia/anoxia 

conditions. In contrast to Fe-P that may be predominantly imported from terrestrial 

sources (see below for discussion of Fe-P sources), authigenic Ca-P is formed within 

the sediments.  A fraction of Ca-P could also be formed in the water column and then 

deposited into the sediments in the mesosaline region of the bay (Li et al., 2016). 

Therefore, in the saline regions, controls of P sequestration (Ca-P formation) may rely 

largely on other factors that control the thermodynamic favorability of carbonate 

fluorapatite formation, such as salinity (Ca2+ and Mg2+ concentrations), Pi 

concentrations, and alkalinity. Moreover, the different stability of the P sinks (high 
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stability of Ca-P compared to Fe-P) provides important insights into P remobilization 

under changing environmental conditions (e.g., pH, redox conditions). 

6.5.2 Dominance of coupled Fe-P and C-P pathways: Insights from phosphate 

oxygen isotope ratios 

6.5.2.1 Ferric Fe-bound P and coupled Fe-P pathway: 

Isotopic compositions of the ferric Fe-bound P (Fe-P) pool from sites N and M 

are within narrow ranges but are heavier than equilibrium isotopic compositions, 

suggesting that the original isotopic compositions of this pool are largely retained. 

This range of isotope compositions rules out the possibility of specific biogeochemical 

processes or pathways in the formation of this P pool. For example, this range of 

isotopic compositions is not expected if dissolved P is trapped with authigenic iron 

oxides that are formed in the redoxocline during transient oxic−anoxic oscillations and 

then eventually settled into the sediment columns, or during reoxidation of Fe(II) at 

the sediment−water interface after the water column becomes gradually oxic after the 

strength of summer eutrophication wanes. If these conditions do occur in the bay, the 

isotopic compositions of Fe-P pool should lie in between those of authigenic P and 

equilibrium P isotopic compositions. There is an intriguing coincidence in similarities 

in the ranges of Fe-P pool isotope values with the terrestrial P sources: P bound to Fe 

and Al oxide minerals in soils in the Eastern Shore agricultural fields and suspended 

particulate matter from East Creek (a tributary to the Chesapeake Bay) have similar 

isotope values (Bear, 2016; Joshi et al., 2016). A caution, however, is the limited 

number of isotope results and extremely small coverage of potential Fe-P from the 

Chesapeake Bay watershed. Furthermore, the method used to extract the Fe-P pool in 

this study was DCB reagent but for terrestrial Fe-P sources was 0.5 mol L-1 NaOH, 
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which extract P bound to Fe as well as Al oxides. Nonetheless, isotopic similarity 

increases the possibilities that Fe-P pools in the bay could be largely from terrestrial 

origin. This raises additional questions on how isotope values are preserved during the 

series of biogeochemical reactions that cases dissolution and precipitation of Fe 

minerals from the source to the sink (sediment). However, variation in oxic/anoxic 

conditions in the water column impacts the fate of these minerals. For example, 

stability of Fe-P between sites N and M and thus their fates may be different due to the 

different water column conditions: at the well oxygenated site N, the majority of Fe-P 

may deposited into the sediments and become a long-term P sink (although pH 

changes may cause P release), whereas at the seasonally hypoxic site M, Fe-P may be 

partially remobilized (reductive dissolution) and serve as an important source of Pi 

into the water column. This may explain the observed episodic high values of 18OP 

(higher than equilibrium) in the water column dissolved P pool (Li et al., 2016a). The 

isotope effect of vivianite precipitation is unclear. Further research to validate the fate 

of land-driven Fe-P sources and fidelity of isotope values of this P pool is required. 

6.5.2.2 Authigenic Ca-P and coupled C-P pathways: 

An intriguing observation in this study is the same range of isotopic 

compositions of the authigenic apatite P (Ca-P) pool in well-oxygenated N and S sites 

as well as the seasonally hypoxic/anoxic site M. Much lighter isotope values of the 

Ca-P pool suggest that this P pool has been formed from rapid precipitation of Pi 

released from the remineralization of organic matter (i.e., coupled C-P pathway) rather 

than from the reductive dissolution of Fe oxide minerals (i.e., coupled Fe-P pathway) 

(see Joshi et al., 2015 for additional discussion on pathways). This means that organic 

matter remineralization is the predominant pathway to generate Pi for Ca-P in the 
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sediments at all sites, regardless of the water column redox conditions. While the 

insignificance of bottom water hypoxia on the intensity of the coupled Fe-P or C-P 

pathway is not expected, there are several possibilities if the remineralization occurs in 

the sediment column. Sediments typically become anoxic below several millimeters to 

centimeters regardless of the water column redox conditions (Li et al., 2012), and 

therefore the impact of water column redox conditions (oxic versus anoxic) on Ca-P 

precipitation would only be expected if Ca-P were partially formed within the water 

column. In the Chesapeake Bay mesosaline region, Ca-P was hypothesized to form in 

the water column and deposit into the sediments (Li et al., 2016b). However, the 

extent of hypoxia/anoxic in the bottom water and surface sediments has been 

considered in controlling Fe-P immobilization (Cowan and Boynton, 1996; Katsev et 

al., 2006a), efficient remineralization of relatively labile particulate Po in the water 

column occurs in both oxic and anoxic conditions (Li et al., 2016b). In fact, particulate 

Po could be more efficiently remineralized in the oxic water column, although the 

bottom hypoxic/anoxic waters the seasonally stratified water column allow 

accumulations of Pi, which increase the thermodynamic favorability of carbonate 

fluorapatite precipitation (higher Ca-P saturation index due to high Pi concentrations).  

While our data suggest coupled C-P cycling as the predominant pathway for 

authigenic P precipitation, there remain several additional unresolved issues regarding 

sites of authigenic P precipitation and extent of P efflux under the C-P pathway. Based 

on the localization of authigenic P, organic matter remineralization is considered to 

occur at shallow depths below the sediment-water interface such as in the Santa 

Barbara basin (Reimers et al., 1996), Long Island Sound and Mississippi Delta 

(Ruttenberg and Berner, 1993), and Baja California (Schuffert et al., 1994). Contrary 
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to this, authigenic P being ‘deposited’ as opposed to being precipitated in situ has been 

recently argued for the Arkona basin of the Baltic Sea (Reed et al., 2011b). While 

microbial respiration is coupled to organic matter oxidation, a pathway claimed to be 

dominant in the Bay (Jonas and Tuttle, 1990; Jonas, 1997, 1992; Kemp et al., 1992), 

the intensity and predominance of each respiration pathway as well as the amount of Pi 

produced from remineralization may vary vertically in the water column due to 

changes in redox conditions, reaction energetics, and the composition and availability 

of labile organic matter (e.g., (Burdige, 2011)). Therefore, a direct correlation of these 

diverse reactions with the generation of Pi cannot be established. Furthermore, the 

relative importance of an indirect versus direct microbial role for Pi flux in response to 

changes in redox conditions in bottom waters and sediments is often disagreed upon 

(e.g., (Carlton and Wetzel, 1988; Gächter and Meyer, 1993; Gunnars and Blomqvist, 

1997; Ruttenberg, 2003)). It is possible that considerable remineralization of organic 

matter occurs in the water column and some amount of released Pi precipitates as 

authigenic P such as on the sinking particulate matter (localized precipitation) and 

then settles to be ‘deposited’ in the sediment column. Further research on quantitative 

analyses of authigenic P precipitated in the water column versus sediment column will 

aid in resolving the role of hypoxia on strengthening or weakening coupled C-P 

cycling.  

Overall, the results suggest that the sources and mechanisms or P sinks (Fe-P 

and Ca-P) are consistent within the spatially and temporally variable Chesapeake Bay. 

Given the variability in contributions from different P sinks, i.e., switching from Fe-P 

to Ca-P with increasing salinity, and the different formation and remobilization 

mechanisms of these P pools, the efficiency of sediment P sequestration may respond 
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differently to the changing biogeochemical conditions in the bay. Our constraints on 

the magnitudes and sources of the sediment P sinks provide important insights into P 

cycling in the bay and offer a basis for nutrient budget estimations and nutrient cycling 

models. 

6.6 Conclusions and implications 

Sedimentary P dynamics are controlled primarily by depositional fluxes of 

organic matter and ferric Fe-bound P, and their cycling depends on the bottom water 

redox conditions. The N, M, and S sites in the Chesapeake Bay chosen for this 

comparative P cycling study have contrasting eutrophication history, sedimentation 

rate, salinity, and redox conditions among other physiochemical properties. The 

sediment P pools and particularly their isotopic compositions provide information 

about the sources and the biogeochemical processes for their formation. By 

comparative analyses on ferric Fe-P and Ca-P pools of the sites, we identified the 

omnipresence of organic matter remineralization as the predominant source of the Ca-

P pool in the sediments, regardless of the water column redox conditions.   

Because the Chesapeake Bay is a national treasure and the nation’s first 

estuary targeted by Congress for restoration, information on sources and processes of 

nutrient regeneration and cycling will have significant impacts not only for the 

scientific community but also at public and policy levels. Scientific findings in this 

study contribute to the decades of collective efforts by Chesapeake Bay Program,  

state, and local agencies on the bay to identify sources of nutrients, particularly P 

efflux under C-P and Fe-P pathways in response to bottom water hypoxia, and devise 

an appropriate restoration plan. Overall, our results will help in reassessment of 

current nutrient management plans, existing models for total maximum daily load 
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(TMDL), and possibly widen source-and pathway-based research to identify the 

dominance of specific reactions and processes and the extent to which different P 

sources and pathways play roles in impairing water quality. A detailed and integrated 

understanding, developed from this research, on sediment P speciation and pathways 

of authigenic apatite P precipitation, provide a framework that could be applied to 

other comparable coastal and marine environments.  
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CONCLUSIONS AND IMPLICATIONS 

This dissertation research aimed to identify pathways and mechanisms of 

transformation of P pools that could be driven by loading of P, imposed redox and 

changing biogeochemical conditions and could provide fundamental insights on P 

cycling in soil and sediments in the Chesapeake Bay and its watershed.   

In an agricultural soil, a rapid but step-wise transformation of originally 

bioavailable P was found to be converted into unavailable P and eventually 

precipitated as Ca-P minerals. However, formation of residual P (HNO3-Pi) was found 

to be mostly short-circuited from NaOH-Pi. Given that both the pathway and 

mechanism of P transformation was not identified before, these results provide new 

insights into the fate of externally applied P in a soil and soil P dynamics which can be 

utilized to minimize this transformation and improve existing P management practices 

or development of new P management plans in agricultural soils.  

Continuous application of fertilizer and manure in excess of crop requirements 

leads to soil P saturation and P loss from agricultural fields to hydrologically 

connected water bodies. In an agricultural-runoff dominated ditch, runoff flux was 

found to dominate in surface water while remineralization dominated sediment 

porewater. In the downstream section in the wetland region, P derived most likely 

from reductive dissolution during redox fluctuation was found to be fully cycled by 

microorganisms. These results have important implications for understanding of 
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different sources that contribute to recycling of P exported from the agricultural-runoff 

dominated creek.  

Understanding the coupled Fe-P cycling and C-P cycling pathways in 

sediments in response to bottom water hypoxia in the Chesapeake Bay provides 

insights into P effluxes from the sediment-water interface and P burial. Interestingly, 

the omnipresent C-P pathway was found to be the predominant pathway of authigenic 

P formation regardless of the water column redox conditions. This is the first study 

that identified P released from organic matter remineralization as the predominant 

source of authigenic apatite P in the Chesapeake Bay. The understanding developed on 

sources and processes of nutrient regeneration and cycling in the bay will have 

significant impacts not only for the scientific community but also at public and policy 

levels. Scientific findings in this research contribute to the decades of collective efforts 

by Chesapeake Bay Program, USDA-NRCS, USGS, USEPA, state, and local agencies 

to identify sources of nutrients, particularly P efflux under coupled C-P and Fe-P 

cycling in response to bottom water hypoxia. Overall, these results will help re-assess 

current nutrient management plans in the bay, existing models for total maximum 

daily load (TMDL), and possibly widen source-and pathway-based research to identify 

the dominance of specific reactions and processes and the extent to which different P 

sources and pathways play a role in impairing water quality. A detailed and integrated 

understanding developed from this research on sediment P speciation and pathway of 

authigenic apatite P precipitation provide a framework that could be applied to other 

comparable coastal and marine environments such as the Northern Gulf of Mexico, 

Danish Straits, and Changjiang estuary in China; suboxic zones in sedimentary 

porewater of lakes, estuaries, bays, and oceans; permanently anoxic basins (the Black 
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Sea, the Arabian Sea, equatorial Pacific, and fjords and even in early Earth 

environments. 



 185 

LIMITATIONS AND FUTURE DIRECTIONS 

This research characterized P pools and investigated the mechanisms of P 

transformation in soils and sediments using several research techniques, which may be 

subject to uncertainties and limitations. Quantification of P pools in soils and 

sediments largely relied on sequential extraction techniques (Hedley et al., 1982; 

Tiessen and Moir, 1993; Rutternberg, 1992) which are operationally defined. 

Challenges exist, however, due to heterogeneity and complex nature of soils and 

sediments. The extraction techniques may bring uncertainties in estimating different P 

pools, due to multiple reasons, for example: (i) incomplete extraction of a certain pool 

that causes overestimation of P pools being subsequently extracted, (ii) extraction of 

Po and its hydrolysis that causes overestimation of Pi, (iii) complexation of Pi in 

extract solutions interfering with colorimetric method. Although the extraction 

methods used in the work have been modified to minimize the error associated with P 

extraction (e.g., the residual after each extraction was washed using NaHCO3 and H2O 

to minimize the carryover of Pi with residual (Condron and Nerman, 2011; 

Rutternberg, 1992), there could still be unknown errors.  

This research identified important pathways and mechanisms of transformation 

of P pools under different biogeochemical conditions and provided fundamental 

insights on P cycling. In addition to these findings, this research brought forward 

several questions, which deserve future investigation:  
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 Tracking of 18O labeled phosphate identified a rapid but step-wise transformation 

of originally bioavailable P into unavailable P and precipitation of Ca-P minerals 

in an agricultural soil. Further research is warranted to better understand the 

kinetics of Ca-P minerals precipitation in both laboratory and field conditions, and 

better identify the composition of Ca-P minerals and P speciation using more 

direct tools, such as synchrotron based X-ray adsorption near edge structure 

spectroscopy (XANES).  

 Organic matter remineralization (coupled C-P cycling) was found to be the 

predominant pathway for authigenic P precipitation in the Chesapeake Bay 

sediments regardless of the water column redox conditions. However, the location 

of the mineral precipitation (in the water column or in sediment column) is largely 

unknown. Future research on quantitative analyses of location of authigenic P 

precipitation is desired.  

 Ferric Fe bound P pool in the Chesapeake Bay remains largely uncharacterized 

due to nonspecificity of DCB reagents to series of ferric and ferrous Fe minerals. 

Additional research is needed in terms of the Fe-P minerals in anoxic sediments, in 

particular formation of vivianite or burial of allochthonous ferric Fe bound P as a 

long term P sink. 
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